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Abstract 

 

 It is widely agreed that the Earth’s atmosphere and oceans have undergone major redox 

changes over the last 2.5 billion years. However, the magnitude of these shifts remains a point of 

debate because it is difficult to reconstruct concentrations of dissolved O2 from indirect proxies 

in sedimentary archives. In this study, we show that an additional complicating factor that is 

rarely considered may be the pH of the water column. We analyzed rock samples from the early 

Jurassic Towaco Formation in the Newark basin (eastern USA), comprising deposits of a rift 

lake that became temporarily redox stratified. New biomarker evidence points to increasingly 

saline aquatic conditions during the second half of the lake’s history, with a salinity stratification 

that induced redox stratification, including evidence for water column anoxia, and that state may 

also explain the disappearance of macrofauna at this time. Distinctive lipid biomarker 

assemblages and stable nitrogen isotope data support previous mineralogical indications that the 

lake was alkaline (pH ≥ 9) during its saline episode. Despite the biomarker and macrofaunal 

evidence for anoxia, ratios of Fe/Al and FeHR/FeT show only small to no enrichments in the 

anoxic horizon compared to oxic facies in the same section – counter to what is commonly 

observed in anoxic marine settings. Molybdenum, As, V, U and to some degree Cd show 

enrichments in the anoxic interval, whereas Co, Ni, Cu, Zn and Cr do not. These patterns are 

most parsimoniously explained by differential pH effects on the solubility of these elements. 

Extrapolating from these observations in lacustrine strata, we speculate that a secular increase in 

seawater pH over Earth’s history as recently proposed may have helped modulate the magnitude 

of trace metal enrichments in marine shales, although other factors such as atmospheric and 

oceanic redox likely dominated the observed enrichment patterns. Further, a decrease in the 

solubility of ferrous iron, a major O2 sink, with increasing pH may have contributed to ocean 

oxygenation. In summary, our results highlight the potential importance of pH in influencing 

global biogeochemical cycles for multiple elements and for the interpretation of ancient nitrogen 

isotope signatures.   

mailto:ees4@st-andrews.ac.uk
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1. Introduction 

 

Secular changes in the redox state of Earth’s atmosphere and oceans have fundamentally 

impacted the evolution of biogeochemical cycles. For example, the Neoarchean-Paleoproterozoic 

rise of oxygen levels in terrestrial settings and in the atmosphere enhanced the release of sulfate 

into the ocean (Anbar et al., 2007; Kaufman et al., 2007; Reinhard et al., 2009; Stüeken et al., 

2012; Kendall et al., 2015; Lalonde and Konhauser, 2015), which may help explain the transition 

from banded iron formations to pyritic black shale in shelf settings (e.g. Canfield, 1998; Scott et 

al., 2008; Poulton et al., 2010; Gilleaudeau and Kah, 2015; Partin et al., 2015; Cox et al., 2016). 

The establishment of oxic surface waters from that time onward (Kendall et al., 2015; Stüeken et 

al., 2015a; Hardisty et al., 2017; Kipp et al., 2017) allowed for the build-up of a nitrate reservoir 

in the surface ocean (Garvin et al., 2009; Godfrey and Falkowski, 2009; Busigny et al., 2013; 

Stüeken, 2013; Koehler et al., 2017; Zerkle et al., 2017). The Neoproterozoic rise of atmospheric 

oxygen was followed ultimately by the demise of anoxic deep waters in the Paleozoic and the 

build-up of redox-sensitive transition metals in seawater (Scott et al., 2008; Dahl et al., 2010; 

Och and Shields-Zhou, 2012; Sahoo et al., 2012; Chen et al., 2015; Sperling et al., 2015). 

Although oxygen imparted the first-order control on these transitions, it is conceivable that 

biogeochemical cycles have also been affected by other parameters, including pH. Recent model 

estimates suggest a gradual increase in seawater pH from ~6.5 in the Archean to modern values 

of > 8 (Halevy and Bachan, 2017; Isson and Planavsky, 2018), which may have influenced the 

mobility of major and minor elements. Importantly, in the range of pH 6-9, the solubility of 

ferrous iron in anoxic waters drops by more than an order of magnitude per one unit increase in 

pH (Morgan and Lahav, 2007), while molybdenum becomes more soluble, even in the presence 

of H2S (Helz et al., 2011). Transition metal cations of Co, Ni, Cu and Zn behave like iron and 

show a decline in solubility with higher pH (Tack et al., 1996). We hypothesize that long-term 

changes in seawater pH as outlined by Halevy & Bachan (2017) could have contributed to the 

magnitude of enrichment in authigenic iron and other transition metals in marine sediments.  

To test this hypothesis, we analyzed samples from the Early Jurassic Towaco Formation 

of the Newark Supergroup in the eastern U.S. As reviewed below, the Towaco Formation was 

deposited in a lacustrine setting with intermittent anoxic, high-pH (alkaline) intervals (Kruge et 

al., 1989; Pratt, 1989; Olsen et al., 1996a), comparable to other units in the Newark rift lakes 
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around this time (Van Houten, 1962; El Tabakh and Schreiber, 1994). This set of lacustrine rocks 

can thus serve as a natural laboratory to assess the effect of pH on biogeochemical proxies, 

including iron speciation and trace metal enrichments, even in marine settings.  

 

2. Geologic setting 

 

The Newark Supergroup in the eastern United States comprises a series of fluvial and 

lacustrine sedimentary rocks interbedded with basalt flows, in its younger parts, and intruded by 

diabase (diorite) sills and dikes (Fig. 1). The sediments were deposited in a series of half-grabens 

(Fig. 2a) that formed at tropical to subtropical latitudes during the early Mesozoic break-up of 

Pangaea prior to the opening of the central North Atlantic Ocean (e.g. Hay et al., 1982; 

Schlische, 1990; Witte et al., 1991; Kent and Tauxe, 2005). During the Triassic and extending 

into the Jurassic, regional climate was cycled quasi-periodically from relatively humid to arid 

conditions, with the end-members depending on paleolatitude (Olsen, 1986; Olsen and Kent, 

1996; Kent and Tauxe, 2005). The Towaco Formation of the Newark Basin was deposited at 

approximately 21° N paleolatitude and experienced both arid and humid conditions. It is 

equivalent in age and comparable in lithostratigraphy to the East Berlin Formation in the 

Hartford Basin in Connecticut (Olsen, 2012). In the East Berlin Formation, previous studies 

inferred evaporitic conditions from the presence of occasional salts and abundant exposure 

surfaces, as well as carbon and oxygen isotopes in carbonates that point to evaporitic conditions 

(Suchecki et al., 1988, this study; El Tabakh and Schreiber, 1994). The humid phases are marked 

by the presence of very large and perennial lake sequences (Olsen, 1990). Overall, the setting 

may have been comparable to the modern East African rift lakes (Hay et al., 1982). Given the 

small paleogeographic separation between the Newark and Hartford basins and the similarities in 

age and depositional environment between the Towaco and East Berlin formations, it is 

conceivable that the two settings experienced similar conditions at this time, as will be tested in 

this study.  

The sedimentary units in both basins include non-marine red beds, gray siltstones and 

black shales with variable amounts of carbonate. These lithologies show a striking cyclicity with 

recurrence intervals paced by Milankovitch cycles, indicating a strong climatic control on 

regional sedimentation rates, precipitation and even water chemistry (Olsen, 1986; Olsen and 
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Kent, 1996). The shortest and most notable cycle at outcrop scale is termed the Van Houten 

cycle (Olsen, 1986), with an inferred duration of ~20,000 years corresponding to the precession 

cycle (Olsen, 1986; Olsen and Kent, 1996; Whiteside et al., 2007; Blackburn et al., 2013). At our 

sampling locality, the stratigraphic thickness of Van Houten cycles is roughly 25 m (Olsen et al., 

1996b). A typical Van Houten cycle within a perennial lake interval – as initially described by 

Van Houten (1965) and El Tabakh & Schreiber (1994) for other units in the Newark Basin – 

includes three divisions with varying thicknesses (Fig. 2b) (Olsen, 1986; Olsen and Kent, 1996)  

Moving up section from the base, these divisions comprise (i) a red to gray mudstone with 

progressively upward bed thinning and decreasing abundances of desiccation cracks, roots and/or 

burrows; (ii) planer-laminated shale, sometimes organic rich, with a basal horizon that is rich in 

fossils of fishes, crustaceans and sometimes reptiles; and (iii) another gray to red mudstone with 

a progressive decrease in the abundance of well-defined bedding and an increase of desiccation 

cracks and roots and burrows. Divisions 1 and 3 include evaporite pseudomorphs after Na-Ca 

sulfates (glauberite). All three divisions contain variable amounts of carbonate, including 

dolomite and calcite (Van Houten, 1965; Kruge et al., 1989; El Tabakh and Schreiber, 1994). In 

some Van Houten cycles in the Newark and Hartford basins, including portions of the East 

Berlin Formation that are time-equivalent to the Towaco Formation (Olsen, 2012), magnesite 

and analcime have been reported from the black shale facies (Van Houten, 1962; El Tabakh and 

Schreiber, 1994; Gierlowski-Kordesch and Rust, 1994), and authigenic albite has been reported 

from gray mudstones (Kruge et al., 1989).  

Collectively, this sequence of lithologies and diagenetic minerals is interpreted as a 

climatically induced consequence of deepening and shallowing of an alkaline, sometimes saline 

lake, where the black shale facies (division 2) represents the high-stand interval (Olsen and Kent, 

1996). The high abundance of organic matter (up to 8% in some cycles) and the absence of 

burrows in the deepest water facies likely indicate anoxic bottom waters (Kruge et al., 1989; El 

Tabakh and Schreiber, 1994; Olsen and Kent, 1996). During their deepest intervals, Newark 

lakes were probably chemically stratified. 

We collected samples from two drill-cores (C-128 and PT-14, Fig. 1) through one Van 

Houten cycle (that containing the Colfax Bed, Olsen, 2011) of the early Jurassic Towaco 

Formation in the Newark basin (Olsen et al., 1996a; Weems and Olsen, 1997; Olsen, 2011). The 

Towaco Formation is approximately 350 m thick and bracketed by the Preakness Basalt and the 
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Hook Mountain Basalt (Fig. 1) (Schlische, 1990; Olsen et al., 1996a). This interval was chosen 

because it was easily accessible through relatively fresh drill-core and because of its relatively 

low thermal maturity (%R0 = 0.50, H/C ratios ~0.95, Tmax = 426°C, Hatcher and Romankiw, 

1985; Pratt et al., 1985; Malinconico, 2002). Furthermore, this cycle contains a thin but 

distinctive ash bed – the Pompton Tuff (Olsen, 2012) – which allows us to correlate this unit 

with a Van Houten cycle in the East Berlin Formation in the Hartford basin, another rift lake of 

the Newark Supergroup. Previous studies of the Hartford basin have reported magnesite 

(MgCO3) and organic biomarkers indicative of moderately saline and alkaline conditions (Kruge 

et al., 1989; Gierlowski-Kordesch and Rust, 1994). These biomarkers include carotanes and 

extended tricyclic terpanes, which are commonly found in saline environments, including 

alkaline lakes (De Grande et al., 1993), although they are not indicative of saline conditions on 

their own. Carotanes have previously been reported from analyses of the Towaco Formation 

(Kruge et al., 1989; Pratt, 1989). Lastly, a past study of the carbon isotope composition and 

aromaticity of the black shales in the Towaco Formation suggested a high percentage (60-90%) 

of algal biomass, with relatively small contributions of detrital plant material (Spiker et al., 

1988), which should allow us to isolate biogeochemical processes specific to the local water 

column.  

 

3. Analytical methods  

 

3.1. Sample preparation 

 

Sample preparation and analyses followed standard protocols. The outer surfaces of the 

core samples were removed with a water-cooled rock saw. The samples were then hammered 

into sub-cm sized chips, which were transferred into an acid-washed glass beaker and sonicated 

for a few seconds in 2M HCl. The acid was removed during multiple rinses with DI-H2O (18 

MΩ) in the sonic bath. The clean rock ships were air-dried in loosely covered plastic weigh boats 

and then pulverized to a fine powder in a ball mill. The powders were stored in acid-washed 

plastic vials.  

 

3.2. Total nitrogen and organic carbon  
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 Sample preparation and analyses of carbon and nitrogen isotopes were carried out at the 

University of Washington. A ~0.5 g aliquot of each powder was weighed into a glass centrifuge 

tube and decarbonated with 6M HCl at 60°C overnight (Stüeken et al., 2015b; Stüeken et al., 

2015c). The acid was refreshed twice and stirred with a glass rod. The powders were then 

washed three times with DI-H2O (18 MΩ) and dried for three days in an oven at 60°C. For 

analyses of total organic carbon (TOC), total nitrogen (TN), organic carbon isotopes and total 

nitrogen isotopes, the dry powders were weighed into 9 x 5 mm tin capsules and analyzed by 

flash combustion with an Costech EA coupled via a Conflo III to Thermo Finnigan MAT253 

IRMS. The average reproducibility of samples was 0.25‰ for δ
15

Nbulk (1 standard deviation, 

SD), 0.15‰ for δ
13

Corg (1 SD), 0.5% for TOC (relative error, RE), 5% for TN (RE) and 5% for 

C/N ratios (RE). We obtained values of δ
15

Nbulk = 5.37 ± 0.46‰, δ
13

Corg = -37.84 ± 0.61‰, TOC 

= 7.4 ± 0.2% and TN = 1019 ± 96 ppm for our UW-McRae in-house standard, which agree well 

with previous studies (Stüeken et al., 2015b; Stüeken et al., 2015c). The isotopic data were 

expressed in delta notation relative to VPDB for δ
13

Corg and relative to air for δ
15

N: δ [‰] = 

(
x/y

Rsample / 
x/y

Rstandard - 1), where 
x/y

R = 
15

N/
14

N for nitrogen and 
13

C/
12

C for carbon. 

 

3.3. Carbonate carbon and oxygen isotope data 

 

  Untreated powder aliquots were weighed into acid-washed glass vials and reacted with 

concentrated phosphoric acid at 80°C for 12 minutes in a Kiel III carbonate device (Stüeken, 

2013). The resulting CO2 was purified cryogenically and analyzed with a Thermo Finnigan Delta 

Plus IRMS. The reproducibility (1 SD) was 0.05‰ for δ
13

Ccarb and 0.13‰ for δ
18

Ocarb. Our 

calibration standards were all calcite, which is known to experience a slightly different oxygen 

isotope fractionation during phosphoric acid dissolution compared to dolomite (Guo et al., 2009 

and references therein). The difference is about 1‰ at 80°C for end-member mineralogies (Guo 

et al., 2009). As shown below (Section 4.3), our samples mostly contain dolomite. However, we 

did not apply a correction for this mineralogical effect because Mg/Ca ratios and hence the 

mineralogy show some variability in our samples, which makes it difficult to predict the exact 

magnitude of the effect. This observation does not compromise our interpretation because (i) the 

possible effect of 1‰ is relatively small compared to the 6‰ range in our δ
18

Ocarb data and (ii) 
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Mg/Ca ratios do not covary with oxygen isotope ratios (r
2
 = 0.19), confirming that this analytical 

fractionation effect cannot explain the observed trends in δ
18

Ocarb discussed below. Both δ
13

Ccarb 

and δ
18

Ocarb data were expressed in delta notation relative to VPDB: δ [‰] = (
x/y

Rsample / 

x/y
Rstandard - 1), where 

x/y
R = 

18
O/

16
O for oxygen and 

13
C/

12
C for carbon.  

 

3.4. Elemental abundances 

 

Sample preparation and analyses of elemental abundances and iron speciation (Section 

3.5) were carried out at the University of California, Riverside. Approximately 100 mg of 

untreated powder were weighed into ceramic crucibles and ashed overnight at 800°C (Reinhard 

et al., 2013). The powder was then transferred into a Teflon beaker and dissolved with 5 ml of 

concentrated HNO3 and 1 ml of concentrated HF (both trace metal grade) at 130°C overnight 

(Reinhard et al., 2013). After evaporation at 110°C, secondary fluoride precipitates were 

dissolved with 4 ml of aqua regia (3:1 HNO3 and HCl). The aqua regia treatment was repeated 

once. The samples were then evaporated to incipient dryness, re-dissolved in 5 ml of 5% HNO3 

(v/v) and stored in acid-washed Nalgene bottles. For elemental analyses, the samples were 

diluted 1:100 by mass with 2% HNO3 and analyzed with an Agilent 7900 ICP-MS. Average 

reproducibility of samples was 10% (RE) or better for all elements. Average accuracy as 

monitored with the USGS standards SDo-1, SCo-1 and BCR-2 was 10% or better. Enrichment 

factors (EF) for trace metals (X) relative to crustal background were calculated as EF = (X 

[%]/Al [%])sample / (X [%]/Al [%])crust, where crustal concentrations were approximated by the 

composition of red shales in the drill-cores. This local reference point allows us to interpret metal 

enrichments in sediments where the exact composition of source rocks is unknown. We note, 

however, that our interpretation would not change if we used average continental crust (Rudnick 

and Gao, 2014) as an anchor point for the calculation of enrichment factors. 

 

3.5. Iron speciation 

 

 To extract iron bound in carbonate (FeCARB), ferric oxides (FeHEM) and magnetite (FeMAG) 

in this order, around 100 mg of powder were weighed into Falcon centrifuge tubes and treated 

sequentially with sodium acetate (1 M, 10 ml, buffered to pH 4.5 with acetic acid, 48 hours), 
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sodium dithionite (50 g/L, 10 ml, buffered to pH 4.8 with 0.35 M acetic acid and 0.2 M sodium 

citrate, 2 hours) and ammonium oxalate (0.2 M, 10 ml, buffered to pH 3.2 with 0.17 M NH4OH, 

6 hours) (Poulton and Canfield, 2005; Reinhard et al., 2009; Reinhard et al., 2013). After each 

treatment, the samples were centrifuged, and 4 ml of solution were extracted with a pipette for 

analysis. The remainder was discarded. The analyses were performed using an Agilent 7500 

ICP-MS following the same procedure as for total digests (Section 3.4). Calcium and Mg 

concentrations in the acetic acid fraction were used to determine the relative abundances of 

CaCO3 and MgCO3 end members in the samples. The average reproducibility for the three iron 

fractions was between 5% and 20% (RE). Pyrite-bound sulfur was extracted using the chromium 

reduction method on a separate aliquot of powder. The samples were boiled with a mixture of 

concentrated HCl (15 ml) and 1M CrCl2 (in 0.5 M HCl, 35 ml) under a constant stream of N2 gas 

for two hours (Canfield et al., 1986; Reinhard et al., 2009; Reinhard et al., 2013). The H2S 

generated during the reaction between pyrite and Cr
2+

 was captured with a solution of 3% Zn 

acetate in 10% NH4OH. The pyrite-sulfur content was then measured by iodometric titration 

(Canfield et al., 1986). The reproducibility was between 5% and 15% (RE). We assumed a FeS2 

stoichiometry to calculate the pyrite-bound iron (FePy) from the measured amount of pyrite 

sulfur. The sum of all four extracted iron phases (FeCARB + FeHEM + FeMAG + FePY) is defined as 

the total amount of ‘highly reactive’ iron (FeHR) (Poulton and Canfield, 2005).    

 

3.6. Pyrite sulfur isotopes 

 

 For sulfur isotope analyses, samples were prepared by chromium reduction as described 

above (Section 3.5). However, the H2S gas was trapped with a solution of 3% AgNO3 in 10% 

NH4OH. The Ag2S precipitate was dried at 45°C in a closed oven. Analyses were carried out at 

the University of Washington using a Eurovector EA coupled to a Thermo Finnigan MAT253 

IRMS. The reproducibility was 1.2‰ (1 SD). Results are expressed in delta notation relative to 

VCDT: δ
34

S [‰] =(
34

S/
32

S)sample/(
34

S/
32

S)standard - 1.  

 

3.7. Organic geochemistry 
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 Crushed rock powders were extracted in a CEM Microwave Accelerated Reaction 

System (MARS) at 100°C in a 9:1 DCM:MeOH (v/v) mixture for 15 min to yield rock bitumens. 

Full laboratory procedural blanks with pre-combusted sand were performed in parallel to ensure 

that any background hydrocarbon compounds were negligible in comparison with biomarker 

analyte abundances. Saturated hydrocarbon and aromatic fractions were obtained by silica gel 

column chromatography, and the saturated hydrocarbon fractions were eluted with n-hexane and 

the aromatic hydrocarbon fractions with a 1:1 (v/v) mixture of DCM and n-hexane. 

Saturated hydrocarbon fractions were analyzed by metastable reaction monitoring–gas 

chromatography–mass spectrometry (MRM-GC-MS) conducted at UC Riverside on a Waters 

AutoSpec Premier mass spectrometer equipped with a HP 6890 gas chromatograph and DB-1MS 

coated capillary column (60 m × 0.25 mm, 0.25 μm film thickness) using He as the carrier gas. 

The GC temperature program consisted of an initial hold at 60°C for 2 min, heating to 150°C at 

10 °C/min followed by heating to 320°C at 3°C/min and a final hold for 22 min. Analyses were 

performed via splitless injection in electron impact mode, with an ionization energy of 70 eV and 

an accelerating voltage of 8 kV. MRM transitions for C27–C35 hopanes, C31–C36 methylhopanes, 

C21–C22 and C26–C30 steranes, C30 methylsteranes and C19–C26 tricyclics were monitored. 

Polycyclic biomarker alkanes (tricyclic terpanes, hopanes, steranes, etc.) were quantified by 

addition of a deuterated C29 sterane standard (d4-ααα-24-ethylcholestane [20R]) to saturated 

hydrocarbon fractions and comparison of relative peak areas. 

Saturated and aromatic hydrocarbon fractions were analyzed in both full scan and single 

ion monitoring methods at UC Riverside by gas chromatography–mass spectrometry (GC-MS) 

on an Agilent 7890A GC system coupled to an Agilent 5975C inert MSD mass spectrometer. 

The GC was equipped with a DB1-MS capillary column (60 m × 0.32 mm, 0.25 μm film 

thickness), and helium was used as the carrier gas. The temperature program for GC-MS full 

scan and selected ion monitoring was 60ºC (2 min hold), ramped to 150ºC at 20ºC/min, then to 

325ºC at 2ºC/min and held at 325ºC for 20 min. C40 carotanes, including β-carotane, γ-carotane 

and their structural isomers, were identified in saturated hydrocarbon fractions based on 125 

Dalton (Da) mass chromatograms and verified from mass spectra and retention time. 

 

3.8. Petrography 
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 Billets were cut for a subset of samples and submitted to National Petrographic for 

preparation of standard thin section. The thin sections were analyzed with optical microscopy 

using transmitted light. 

 

4. Results   

 

4.1. Sample description 

 

 The two drill cores, which transect the same stratigraphic unit, show matching lithofacies 

with similar thicknesses (Fig. 3 and 4) and thus will be presented in a single description. The 

sampled section can be broadly divided into five parts: (i) a lower red siltstone to silty shale; (ii) 

a lower greenish-gray mudstone, 2 m thick; (iii) a black shale, 1.5 m thick; (iv) an upper 

greenish-gray mudstone, 5 m thick and (v) an upper red siltstone to silty shale. Units (i) and (v) 

are mostly composed of interlaminated red shale and red siltstone with lenses of fine sandstone. 

Individual laminae are several mm thick and sometimes graded or wavy. Some coarser-grained 

laminae display cross-bedding, while the finer intervals – especially toward the base and top of 

the two drill core sections – show pedogenic features, including desiccation cracks and rare 

nodular carbonate. Units (ii) and (iv) are mostly composed of interbedded massive and 

bioturbated mudstones with weakly graded cm-scale silty shale interbeds. Bioturbation is most 

prevalent proximal to the red siltstone units. In unit (ii), the grain size generally decreases 

upward from silt- to clay-dominated, whereas unit (iv) shows a coarsening-upward trend. Finely 

disseminated pyrite is present throughout most of gray mudstone, in particular in unit (ii) (Fig. 

5). Euhedral pyrite grains (up to ~0.1 mm) tend to be associated with mm-scale sparry carbonate 

fenestrae. Unit (iii) is composed of plane-to-wrinkly laminated dark brown to black shale (Fig. 

5). Individual laminae are less than one mm thick and defined by varying contents of carbonate 

and organic matter. Pyrite is generally not visible with a hand lens or under the microscope in the 

black shale. The basal 10 cm of this bed is microlaminated and contains whole fish fossils and a 

distinct pyritic ash bed that is about 0.5 cm thick (the Pompton Tuff). This microlaminite horizon 

is traceable over many kilometers in the Towaco Formation (Olsen, 1988a). We only obtained 

small samples of this microlaminite from core C-128 (sampled at 0.5 cm scale), which was 
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sufficient for inorganic analyses but insufficient for biomarker work. The tuff bed is at 51.664 m 

depth (sample ID C128TUFF-4)  

 

4.2. Organic carbon and nitrogen systematics 

 

 Total organic carbon (TOC) abundances show a distinct peak up to 6.6% in the 1-m-thick 

black shale horizon in both cores (Fig. 3 and 4, Table 1). This peak is established somewhat 

gradually over the lower 2 m of the gray mudstone, with intermediate values around 1%, but it 

ends comparatively abruptly with TOC values dropping down to < 0.5% in the upper gray 

mudstone. Total nitrogen is well correlated with organic carbon content in both cores (r
2
 = 0.91), 

indicating that it is mostly organic-bound or derived from organic matter degradation. Ratios of 

organic carbon to total nitrogen (C/N) covary with TOC (Fig. 6b), meaning that samples with 

higher biomass tend to be relatively nitrogen-depleted. This trend levels off slightly above ~2% 

TOC (Fig. 6b) where the slope between C/N ratios and TOC becomes shallower.  

Organic carbon isotopes (δ
13

Corg) range from -24‰ to -30‰, and the lighter values occur 

mostly within the lower gray mudstone and the black shale. Above the black shale, δ
13

Corg is 

systematically heavier (Fig. 3 and 4). Samples with δ
13

Corg > -29‰ all have < 0.5% TOC and 

vice versa (Fig. 6d). Total nitrogen isotope data (δ
15

Nbulk) range from 3‰ to 15‰, in good 

agreement with two previous measurements (Spiker, 1985). Values above 6‰ are restricted to 

the black shale horizon (Fig. 3 and 4), which is also the interval with the lowest δ
13

Corg and the 

highest TOC and C/N values (Fig. 6). Given that this interval occurs in the middle of the section, 

it is unlikely that the correlation between δ
15

Nbulk and C/N is a metamorphic feature (cf. Haendel 

et al., 1986).   

 

4.3. Carbonate C-O isotopes and mineralogy 

 

  The carbonate content (Table 1) of the samples is around 5% or less in the lower red 

siltstone and gray mudstone. It then increases to a maximum of 58% in the black microlaminite 

and stays to around 30% in the rest of the black shale before dropping to intermediate values of 

7-13% in the upper gray mudstone (Fig. 3 and 4). The upper red shale is again carbonate-poor 

(less than a few percent). Values for δ
13

Ccarb and δ
18

Ocarb broadly covary across the section (r
2
 = 
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0.49 for all samples, and r
2
 = 0.68 without the microlaminite; δ

13
Ccarb in the microlaminite might 

have been affected by organic matter remineralization). In the lower gray mudstone, the values 

fall mostly around -2‰ for δ
13

Ccarb and +0.5‰ for δ
18

Ocarb. The first few samples in the basal 

part of the black shale horizon show a negative excursion down to -5‰ in δ
13

Ccarb (with one 

outlier of -11‰ immediately under the tuff bed, which may be due to combustion of organic 

carbon during tuff accumulation) and -4‰ in δ
18

Ocarb. Both parameters then increase steeply up 

section to +0.8‰ (δ
13

Ccarb) and +2.2‰ (δ
18

Ocarb), respectively, and remain high in the upper part 

of the section. Molar Ca/Mg ratios in carbonates, as determined from the acetic acid extraction, 

show a geometric mean of 1.3 +0.8/-0.5 with a few outliers of up to 7.9 but with no systematic 

variance throughout the section, suggesting a uniformly dolomitic mineralogy.   

 

4.4. Iron and sulfur systematics 

 

 Ratios of total iron to aluminum (Fe/Al) are nearly constant throughout the section (Fig. 

3 and 4), including the black shale, with an overall mean of 0.57 ± 0.14 (2 SD). The tuff bed 

marks an outlier with an Fe/Al ratio of 1.4 due to the high abundance of pyrite (~14%, see 

below). Ratios of highly reactive to total iron (FeHR/FeT) vary between 0.32 and 0.52 in the lower 

and upper gray mudstone and the black shale above the microlaminite. Within the microlaminite 

in core C-128, FeHR/FeT ratios range from 0.57 to 0.8 with a peak at 1.0 in the tuff bed, but they 

then decline up section into the black shale horizon, from ~0.45 to 0.32, followed by a return to 

~0.45. The red shales of both cores have mean FeHR/FeT ratios of 0.30 ± 0.18 (2 SD). These red, 

presumably oxic facies constrain the relative abundance of reactive iron phases in the siliciclastic 

background – that is, the local detrital input (Raiswell and Canfield, 1998). Hence, by 

comparison to the red shales, the black shale is only weakly enriched in FeHR/FeT (Fig. 7a).  

 Ratios of FePY/FeHR (Table 2) are more variable than FeHR/FeT throughout the section. 

Within in the lower gray mudstone and extending into the first few meters of the upper gray 

mudstone, FePY/FeHR increases steeply up section from 0 to 0.90 (Fig. 3 and 4). In the 

microlaminite and again in the middle of the black shale, FePY/FeHR ratios show distinct drops to 

0.50 and 0.45, respectively. The tuff bed marks an exception (FePY/FeHR = 0.84) because it 

contains around 14% pyrite, likely related to volcanic emissions. In the upper gray mudstone, 

most of the reactive iron is bound to carbonate (FeCARB/FeHR up to 0.68) (Fig. 8). In the red 
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shales, reactive iron is dominated by ferric iron oxides (FeHEM/FeHR up to 0.84). Importantly, the 

transition from pyrite-bound iron to carbonate-bound iron does not coincide with an increase in 

carbonate abundance (Fig. 3 and 4), indicating that carbonate does not impart the first-order 

control on reactive iron trends. Isotope values for pyrite-bound sulfur (δ
34

Spyrite) are most 

depleted in the microlaminite (down to -23‰, with the exception of the tuff at -1‰), 

intermediate in the lower and upper gray mudstone (down to -15‰, Fig. 3 and 4) but highly 

enriched in the black shale (up to +53‰). This isotopic enrichment coincides with the temporary 

drop in FePY/FeHR with the black shale.             

 

4.5. Elemental abundances  

 

The transition metals broadly fall into two categories (Table 3): V, As, Mo, U and Cd 

show peaks in the black shale, whereas Cr, Co, Ni, Cu and Zn are flat or even depleted in the 

black shale (see Fig. 3 and 4 for Mo and Cr as examples). In terms of enrichment factors (EF) 

relative to the red shales, V, As, Mo, U and Cd show clear peaks during this interval. Relative to 

background levels – defined here as the average EF in the gray shales – these elements are 

enriched in the black shale by factors of up to 4.7 for V, 5.5 for As, 110 for Mo, 8.2 for U and 

9.8 for Cd (ignoring one extreme outlier in Cd enrichment). In contrast, enrichment factors of Cr, 

Co, Ni, Cu, and Zn are close to 1.0 throughout the section – meaning that these elements are not 

enriched relative to background and that they do not show any systematic trends over the studied 

section. The tuff bed is anomalously enriched in Cu (EF 17) and slightly enriched in Ni (EF 2.0) 

and Co (EF 2.3) but depleted in Cr (EF 0.4). Molybdenum and As levels are also elevated in the 

tuff but not exceptionally so, because these elements are already enriched in the surrounding 

black shales.  

These contrasting enrichment patterns are also reflected in correlations with organic 

carbon (Fig. 9). Those elements enriched in the black shale show moderate to strong correlations 

between EF and TOC, with r
2
 values of 0.70 for V, 0.43 for As, 0.61 for Mo, 0.45 for U and 0.50 

for Cd. In contrast, r
2
 values for Cr, Co, Ni, Cu and Zn are 0.25 or less. None of the elemental 

concentrations from either of the two groups correlate with pyrite sulfur abundance (r
2
 ≤ 0.1, 

excluding the anomalously pyritic tuff bed).    
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4.6. Lipid biomarker assemblage record 

 

A broad array of biomarker ratios and abundance patterns of certain compounds can be 

integrated to monitor ancient biotic input and constrain paleoenvironmental facies for rocks that 

have experienced a sufficiently mild thermal history, as for the sedimentary rocks in this case. 

We used the selectivity and sensitivity of multiple reaction monitoring (MRM)-GC-MS to detect 

and scrutinize terpenoid alkane biomarker distributions (hopanes, steranes, methylhopanes, 

methysteranes and other polycyclic biomarker alkanes) alongside traditional full scan GC-MS 

analysis of saturated and aromatic hydrocarbon fractions prepared from rock bitumens (solvent-

extractable organic matter). The hopane and sterane maturity profiles from our samples (Table 

4) are self-consistent with the biomarker alkanes, suggesting they are syngenetic with the host 

strata (including similar isomer maturity patterns for hopanes and steranes regardless of carbon 

number; distinctive compound distributions that are not commonly associated with contaminant 

background signal and no detectable presence of suspicious younger biomarker features, e.g., 

oleanane from angiosperms). These profiles are consistent with a mid-oil-window stage of 

thermal maturity prior to peak oil generation.  Thus, these samples were ideal targets for detailed 

biomarker investigation.  

Key characteristics of the biomarker assemblages based on molecular ratios calculated 

for seven C-128 and one PT-14 samples (Table 4) are: (i) elevated  hopane/sterane ratios (1.9-

6.1) relative to  the Phanerozoic marine average for organic-rich marine strata (which are 

generally in the 0.5-2.0 range, Rohrssen et al., 2013), (ii) moderate to high 2-methyl- and 3-

methylhopane indices (Rohrssen et al., 2013), (iii) high gammacerane index values (>1.0, Fig. 

10) that increased up section in core C-128 (the single sample from core PT-14 matches the 

corresponding stratigraphic interval in C-128), (iv) no detectable signal from MRM-GC-MS for 

24-n-propylcholestanes (24-npc) from pelagophyte algae (Moldowan et al., 1990), (v) 

anomalously high amounts of preserved C40 carotanes relative to n-alkanes and (vi) low  

pristane/phytane ratios (<1.0).  Such  a combination of lipid biomarker features has been reported 

previously for bitumen extracts from organic matter from ancient strata attributed to saline 

alkaline lakes with anoxic bottom waters (Collister et al., 1990; Jiamo et al., 1990; Horsfield et 

al., 1994; Ruble et al., 1994; Grice et al., 1998; Summons et al., 2008). We found no detectable 

signals from aromatic carotenoid biomarkers – that is, markers from anoxygenic photosynthetic 
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bacteria such as Chlorobi – which implies that photic zone euxinia was not sustained in the water 

column during deposition of these strata.  

 

5. Discussion   

 

5.1. Testing geochemical proxies for a lacustrine depositional setting 

 

Although the fossil record of the Newark basin preserves no evidence of marine influence 

(Olsen, 1988b; Olsen, 1997), many of the processes and products can inform our understanding 

of ancient marine settings.  Of course, these rocks are also ideally suited for putting geochemical 

indicators of lacustrine settings to the test. One such indicator is the relationship between organic 

carbon and pyrite-bound sulfur (Spy) (Berner and Raiswell, 1984). Freshwater lakes typically 

display low abundances of Spy (< 0.2 wt.%), while TOC levels can reach many percent. In oxic 

marine settings, where sulfate is abundant in the water column, TOC and Spy typically covary in 

underlying sediments because a greater supply of organic carbon allows for higher rates and 

extents of sulfate reduction and subsequent pyrite formation (Berner and Raiswell, 1983). 

Sediments deposited under euxinic conditions, such as the modern Black Sea, display excess 

amounts of Spy because hydrogen sulfide accumulates in the sediments and the water column 

along with excess amounts of reactive Fe (Berner and Raiswell, 1983; Leventhal, 1983). The 

samples from the Towaco Fm fall outside the bounds of freshwater lakes because they are 

relatively enriched in Spy (Fig. 7b). This pattern is best explained by saline lacustrine conditions 

and the establishment of a relatively large sulfate reservoir for much of the lake history (Section 

5.3). Variation in C/S ratios is most likely driven by redox changes and shrinkage of the sulfur 

reservoir during stratification (Section 5.2). Therefore, the C/S proxy is most straightforwardly 

suited to identifying freshwater lacustrine depositional settings lacking in sulfate; it is not well 

suited to studies of saline lakes without other indicators, such as sulfur isotope data for 

associated pyrite. 

 Along with the fossils present, however, organic biomarker data can unambiguously help 

to delineate non-marine settings. Specifically, the absence of 24-npc steranes (Moldowan et al., 

1990) in our samples from pelagophyte algae and their ancestors, which are found exclusively in 

marine environments and are the dominant C30 sterane in marine rocks and oils of Devonian age 
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and younger (Gold et al., 2016), provides a strong indication of lacustrine paleoenvironments. 

This argument is further supported by the saline biomarker assemblage of the black shale above 

the fish-bearing, microlaminated portion, as well as in the upper gray shale (further discussed 

below). This assemblage is typical of those from saline alkaline lakes and therefore inconsistent 

with a marine depositional setting (Collister et al., 1990; Jiamo et al., 1990; Horsfield et al., 

1994; Ruble et al., 1994; Grice et al., 1998). 

 

5.2. Hydrological evolution 

 

 Our data and petrographic observations are consistent with previous interpretations of 

Van Houten cycles as products of rising and falling lake levels likely driven by climatic change 

in the Newark and Hartford basins (Van Houten, 1962; Hay et al., 1982; Olsen, 1986; Suchecki 

et al., 1988; Kruge et al., 1989; El Tabakh and Schreiber, 1994; Gierlowski-Kordesch and Rust, 

1994; Olsen and Kent, 1996; Olsen et al., 1996a). The pedogenic features in the red siltstone 

indicate very shallow conditions with frequent exposure. The lower gray mudstone with 

decreasing grain size up section represents a deepening of the lake. Cross-bedding in this part of 

the section may reflect inputs of fluvial waters and thus a hydrologically open system at that 

time. The upper gray mudstone, where grain size coarsens upwards and which culminates in the 

upper red siltstone, likely captures a return to shallow conditions. The black shale horizon 

between the lower and upper gray mudstone thus represents the episode of maximum water 

depth (Olsen and Kent, 1996).  

This conclusion is supported by the carbonate C-O isotope ratios, both of which reach a 

minimum in the black shale, followed by a strong up-section increase (Fig. 3 and 4). This 

pattern has been reported from Van Houten cycles in other units of the Newark and Hartford 

basins (Hay et al., 1982; Suchecki et al., 1988; El Tabakh and Schreiber, 1994) and is commonly 

observed in other closed lake basins where progressive evaporation leads to isotopic enrichments 

in both δ18
Ocarb and δ13

Ccarb (Talbot, 1990; Horton et al., 2016). Covariance between δ18
Ocarb and 

δ13
Ccarb arises because (i) evaporation favors 

16
O- rather than 

18
O-enriched water and (ii) 

increasingly saline conditions lead to a lower CO2 solubility, and 
13

C-enriched CO2 is 

preferentially retained in the lake waters. The isotopically lightest values thus represent the 

deepest, most dilute end member, whereas heavy values represent relatively more evaporitic 
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conditions. Accordingly, the black shale horizon, including the microlaminite, where both 

parameters reach a minimum, should have been the freshest interval in the section bracketed by 

relatively evaporitic conditions before and after. It follows that the upper gray shale, where both 

proxies show the heaviest values, would have been the most evaporitic.    

A more detailed picture can be obtained with the inclusion of the biomarker data, which 

indicate progressively greater contributions of halophilic organisms from the lower gray shale 

across the black shale and into the upper gray shale. In core C-128 core, a systematic increase in 

the gammacerane index (from 1.04 to 3.23) was observed up section between 52.61 m and 49.83 

m, which spans the black shale interval (though excluding the microlaminite where samples were 

not analyzed for biomarkers). Such elevated gammacerane index values (>1) are typical of 

salinity stratified water columns. Carotane biomarkers, with β-carotane prominent, are also found 

in abundance between 50.84 m and 49.83 m of the upper black shale interval. Carotanes are 

diagenetic products of carotenoids, which are accessory pigments commonly found in 

phostosynthetic organisms; however, increased relative production of β-carotene (the precursor 

of β-carotane) has been reported from halotolerant modern organisms under increasing salinity 

(Ben-Amotz and Avron, 1983; Borowitzka et al., 1990; Fazeli et al., 2006). Additionally, the 

preservation of detectable carotenoids over geologic time requires relatively reducing settings 

due to the sensitivity of the polyunsaturated precursor molecules to rapid oxidation and 

degradation (Damsté et al., 1995; Hebting et al., 2006; Banta et al., 2015). The upper gray shale 

displays the most saline biomarker assemblage, including the highest gammacerane- and 2-

methylhopane indices. This pattern suggests a progressive up-section increase in salinity across 

the black shale – starting above the presumably fresher fish-bearing horizon in the microlaminite 

– and extending into the upper gray shale. Taken together, preservation of abundant carotanes, 

elevated gammacerane content and the absence of the 24-npc sterane biomarkers are all 

consistent with a saline and redox-stratified (see also Section 5.3) lacustrine setting that persisted 

in the black shale above the microlaminated, fish-bearing bed.  

While this pattern might seem contradictory with the C-O isotope data, which suggest 

that the black shale interval was fresher than the intervals above and below, it is conceivable that 

these proxies capture different layers in a salinity-stratified water column. Density stratification 

likely began during the high-stand interval, but the carbonate C-O data could reflect the 

relatively fresher and better mixed surface water. In contrast, the biomarkers from this interval 
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likely include contributions from organisms that lived in bottom waters and benthic settings that 

were saline and probably anoxic to favor preservation of these molecules (see also Section 5.3). 

It is unlikely that the biomarkers migrated down section into the black shale, as the overlying 

rocks are markedly less organic-rich. Hence the saline signature of the black shale is most likely 

indigenous to these rocks.     

 The ratios of sulfur isotopes and FePY/FeHR ratios can provide additional information 

about the hydrological evolution of the lake basin. The sulfur isotopes are most likely controlled 

by biological sulfate reduction, which imparts the largest fractionations observed in the sulfur 

cycle, with isotopic depletions of up to 70‰ in the produced sulfide relative to the parent sulfate 

(Canfield, 2001; Sim et al., 2011). In a closed system, however, the sulfate reservoir can become 

nearly completely consumed, such that Rayleigh distillation pushes the isotopic composition of 

the residual sulfate and the newly formed sulfide to increasingly higher values as sulfate 

reduction progresses (Canfield, 2001). The positive excursion in our δ
34

Spyrite data from values as 

low as -23‰ in the microlaminated fish-bearing horizon to values as high as +53‰ in the black 

shale above the microlaminite is best explained by such a distillation process and likely reflects 

basin closure, stagnation and rapid consumption of the sulfate reservoir. The particularly light 

values in the microlaminite compared to the gray shales below (Fig. 4) may indicate the onset of 

redox-stratification where the sulfate reservoir was still relatively large, allowing for large 

isotopic fractionations during sulfate reduction in the anoxic portion of the water column (Lyons, 

1997). Progressive depletion of the sulfate reservoir via microbial sulfate reduction, and a 

corresponding drop in the sulfide produced, could thus explain the observed drop in FePY/FeHR in 

the black shale (Fig. 3 and 4). These stagnant conditions likely led to the disappearance of 

macrofauna. 

 

5.3. Redox evolution   

 

 Several lines of evidence suggest that bottom waters in the Newark lake became 

progressively more anoxic with basin evolution marked by waning inputs and increasing 

evaporation: First, our molybdenum concentrations of up to 22 ppm would be rare in sediments 

from oxic settings because they often lack the accumulation of free sulfide in the water column 

that seems key to Mo enrichment (Scott and Lyons, 2012). Mechanistically, the same argument 
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could be applied in a lacustrine setting. Second, the high abundance of organic carbon, including 

the detection of unusually high relative abundances of C40 carotane biomarkers derived from 

polyunsaturated carotenoid pigment precursors prone to oxic degradation, suggests that biomass 

remineralization was suppressed during the deposition of the black shale due to a lack of oxygen 

and sulfate. The possibility of low sulfate is supported by the heavy sulfur isotopes and low 

pyrite abundances above the microlaminated fish-bearing horizon. Third, the decrease in 

bioturbation and concomitant increase in plane and wrinkly laminated black shale suggests that 

conditions may have become hostile for burrowing animals during deposition of the black shale, 

possibly in part due to low oxygen availability. Lastly, an increase in the relative abundance of 

anaerobic metabolisms in this ecosystem is suggested by the fairly light δ
13

Corg values 

(Schidlowski, 1987; Zerkle et al., 2005), which may point towards a relatively higher proportion 

of biomass degradation by methanogens in bottom waters and in sediments.  

 As proposed in previous studies of other stratigraphic units in the Newark and Hartford 

basins, bottom-water anoxia during maximum water levels in the Van Houten cycles may have 

been an inevitable consequence of hydrological stagnation of the lake basin (Suchecki et al., 

1988; Kruge et al., 1989; El Tabakh and Schreiber, 1994; Olsen and Kent, 1996). Saline 

conditions as inferred from the biomarker record starting above the microlaminite may have 

further suppressed the O2 availability in these waters, as O2 is less soluble under strongly saline 

conditions. Before and in particular after the deposition of the black shale, conditions were likely 

relatively more oxic, as indicated the much lower TOC and Mo levels. The microlaminite likely 

marks an intermediate stage where bottom waters were anoxic, as indicated by high Mo 

enrichments (Fig. 4), but the lake was not yet fully closed, meaning that it had an outflow and a 

well-oxygenated cap with abundant macrofauna (fish) and a significant sulfate reservoir, 

allowing for large sulfur isotope fractionations. In the gray shales with only moderately 

fractionated sulfur isotopes, sulfate reduction probably occurred during diagenesis in anoxic pore 

waters, which would explain the formation of diagenetic pyrite grains in the gray mudstone (Fig. 

5). Hence, the water column could have been fully oxic above the gray shale-forming sediments. 

 The iron speciation proxy, which is commonly used to reconstruct bottom water redox 

conditions, is only marginally consistent with the redox trends described above. With the 

exception of the microlaminite, our ratios of reactive to total iron (FeHR/FeT) straddle the 

empirically defined threshold of 0.38 between oxic and anoxic settings (Fig. 3 and 4). This 
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threshold was calibrated via oxic marine sediments from continental margins around the world 

(Raiswell and Canfield, 1998). If we use the red siltstone from these drill cores as a detrital 

baseline, where three out of eleven FeHR/FeT ratios fall between 0.46 and 0.48 and the overall 

average is 0.30 ± 0.18, then the black shale (average FeHR/FeT = 0.40 ± 0.10, excluding the 

microlaminite) is only weakly enriched in FeHR/FeT (Fig. 7a). The microlaminite is the only 

horizon that satisfies the criterion for anoxia. Similarly, FeT/Al ratios stay constant throughout 

the drill cores outside of the microlaminite – in contrast to the Fe enrichments typically seen in 

anoxic settings (Lyons et al., 2003). High sedimentation rates could help the explain the lack of 

authigenic Fe enrichments typical of anoxic and euxinic deposition (Lyons and Severmann, 

2006), because a high detrital supply drives FeHR/FeT and FeT/Al ratios toward crustal 

background levels. However, the relative lack of FeHR/FeT and FeT/Al enrichments in the black 

shales above the microlaminite may also reflect suppressed iron mobility under alkaline 

conditions (Section 5.5). 

 

5.4. Evidence for elevated pH   

 

 The nitrogen isotope ratios of the Towaco Formation have probably been affected by 

diagenetic processes. During the degradation of biomass, in particular during the rapid 

degradation of peptides (Schmidt et al., 2011; Abdulla et al., 2017), nitrogen in the form of 

ammonium (NH4
+
) is released into pore waters. This diagenetic process is to a first order 

independent of redox conditions (Freudenthal et al., 2001; Schmidt et al., 2011). However, under 

oxic conditions, nitrification of diagenetic NH4
+
 results in a net increase in the residual δ

15
N of 

biomass by a few permil (Freudenthal et al., 2001; Lehman et al., 2002). This process may 

largely explain the values around +5‰ in the gray shales of the Towaco Formation. However, 

the spike to +15‰ in the black shale above the microlaminated fish-bearing interval is too large 

to be the result of diagenetic alteration alone. In fact, under anoxic conditions, as inferred from 

this part of the section, the diagenetic isotope effect is negligible (Freudenthal et al., 2001; 

Lehman et al., 2002; Robinson et al., 2012).  

Such high values require processing of fixed nitrogen in the water column. In modern 

freshwater lakes, δ
15

N typically falls between 0‰ and +6‰ (McLauchlan et al., 2013), and 

marine sediments only display higher values of up to +15‰ in upwelling zones with high 
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degrees of denitrification, made possible by a large supply of dissolved nitrate from the deep 

ocean, which allows for such a signal to be preserved despite extreme nitrate loss (Tesdal et al., 

2013). In lakes, however, strongly elevated δ
15

N have only been reported from alkaline settings 

(Collister and Hayes, 1973; Talbot and Johannessen, 1992; Lent et al., 1995; Menzel et al., 2013; 

Stüeken et al., 2015c). Under high-pH conditions, diagenetically released NH4
+
 can partition into 

volatile NH3 with a pKa of 9.25. This partition reaction is associated with a large isotopic 

fractionation of 45‰ at standard temperature, where residual NH4
+
 becomes isotopically heavier 

as NH3 escapes into the atmosphere (Li et al., 2012). Preservation of the non-volatile NH4
+
, 

which can be re-assimilated into biomass and incorporated into clay minerals by substituting for 

K
+
 (Müller, 1977; Schroeder and McLain, 1998), renders residual sediments isotopically heavy. 

The nitrogen isotope data from the Towaco Formation with δ
15

N values up to 15‰ may thus 

point to strongly alkaline conditions with a pH around 9 or higher during the deposition of the 

black shale, such that NH3 production was favored and δ
15

N increased. Such high pH may have 

contributed to the disappearance of macrofauna and hence the absence of fish fossils above the 

microlaminite.   

It is conceivable that the water column was relatively alkaline throughout the rest of the 

lake history, consistent with the biomarker assemblages throughout the section. However, the 

effect of NH3 volatilization may only have been expressed under stratified conditions where 

NH4
+
 and NH3 were able to escape nitrification and build up in the water column. This scenario 

is exemplified by modern Mono Lake in the western U.S. (pH ~ 10), where stratification has led 

to accumulation of a large NH4
+
/NH3 reservoir in bottom waters that is only released into the 

atmosphere during seasonal water-column overturn (Jellison et al., 1993).  

This interpretation is consistent with the high ratios of total carbon over total nitrogen 

(hereafter C/N) in our black shale. The transformation of NH4
+
 to NH3 during diagenesis would 

have led to a strong preferential loss of nitrogen from sediments relative to carbon, because 

uncharged NH3 is less amenable to incorporation into clay minerals. This process can therefore 

explain the observed positive excursion in C/N ratios in the black shale. It is unlikely that the 

high C/N ratios reflect terrestrial plant biomass (which is known to have high primary C/N ratios 

> 30, McGroddy et al., 2004; Reich and Oleksyn, 2004), because the high C/N ratios in the 

Towaco Formation coincide with light δ
13

C values (Fig. 3 and 4), which are uncharacteristic of 

Jurassic flora (Whiteside et al., 2011). Most of the biomass in the black shale is thus likely to be 
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microbial (see also Spiker et al., 1988), which typically has primary C/N ratios around 7-10 

(Godfrey and Glass, 2011). The measured excursion in C/N up to 50 therefore most likely 

reflects enhanced N loss from the system during alkaline NH3 volatlilization. 

The observed correlation between C/N ratios and TOC in the Towaco Formation (Fig. 

6b) may be the result of greater NH4
+
 and NH3 production under relatively more anoxic 

conditions. When less O2 gets mixed into the sediments, more organic carbon can be preserved, 

and less NH4
+
/NH3 gets oxidized to NO3

-
. Hence, more nitrogen could be lost as NH3 and drive 

δ
15

N of residual NH4
+
 heavy, which would then get passed on to biomass and clay minerals.  

We speculate that the kinks in the slope in Fig. 6a and 6b, where δ
15

N increases more 

strongly above C/N > 35 (Fig. 6a), and C/N ratios increase less strongly where TOC is above 

~2% (Fig. 6b), reflect the establishment of thermal and/or salinity-driven stratification of the 

water column – similar to Mono Lake (Jellison et al., 1993). During this stratified phase, the 

isotopically heavy NH4
+
 may have become a more important source of fixed nitrogen for 

microbes in the photic zone, such that sinking biomass was already enriched in δ
15

N prior to 

diagenesis, leading to higher overall δ
15

N values in sediments. 

 

5.5. Effects of high pH on metal cycling   

 

 If the Newark basin did indeed become alkaline with the onset of evaporation after the 

deposition of the microlaminite as a deep-water facies, leading to pH values approaching values 

of 9 or higher (favoring NH3 loss), then this may explain some of the patterns in our iron and 

trace element data. As noted above (Section 5.3) and by previous studies on other parts of the 

Newark and Hartford basins (Van Houten, 1962; Kruge et al., 1989; El Tabakh and Schreiber, 

1994; Olsen and Kent, 1996), the black shale in the Van Houten cycle most likely marks an 

episode of bottom-water anoxia, and we see evidence thereof in the iron speciation data of the 

microlaminite. Yet FeT/Al ratios in the overlying black shale are only weakly enriched compared 

to the red siltstone, and FeHR/FeT ratios even show a drop in the middle of the black shale in core 

C-128 above the microlaminite (Fig. 4). High sedimentation rates may have contributed to the 

lack of enrichment in authigenic Fe phases; however, high pH would have suppressed iron 

mobility and thus the potential for enrichment under anoxic conditions. 
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The FeT/Al and FeHR/FeT redox proxies rely on the fact that iron is typically soluble as 

Fe
2+

 in anoxic waters and can thus accumulate as authigenic iron minerals in sediments that are 

deposited beneath an anoxic water column. Compared to sediments from oxic settings, anoxic 

sediments with low sedimentation rates typically show high FeT/Al and FeHR/FeT ratios relative 

to oxic baselines (Raiswell and Canfield, 1998; Poulton and Raiswell, 2002; Lyons et al., 2003; 

Lyons and Severmann, 2006; Raiswell, 2011; Clarkson et al., 2014). Empirically, the oxic-

anoxic threshold lies at around 0.38 for FeHR/FeT and 0.55 ± 0.11 for FeT/Al for oxic marine 

sediments and ancient equivalents (Raiswell and Canfield, 1998; Clarkson et al., 2014). 

However, these proxies can only work if dissolved iron can enter the water column of a 

sedimentary basin. In marine basins, dissolved iron can be introduced either by hydrothermal 

inputs or from diagenetic pore fluids on the continental shelf where ferric iron oxides are reduced 

to Fe
2+

 and expelled into the water column and transported (Lyons, 1997; Wijsman et al., 2001; 

Anderson and Raiswell, 2004; Severmann et al., 2008; Raiswell, 2011). The latter source is 

known as the intra-basinal iron shuttle. 

In the lacustrine Newark basin we have no clear evidence for hydrothermal input, thus 

the iron shuttle would probably have been the only source of dissolved iron to the water column. 

This source can be sufficient to generate high enrichments in authigenic iron under anoxic 

conditions as exemplified by the modern Black Sea (Lyons, 1997; Wijsman et al., 2001). 

Importantly, however, the solubility of Fe
2+

drops by more than an order of magnitude with a 

one-unit increase in pH (Morgan and Lahav, 2007; Lewis, 2010). If the pH of the Newark basin 

reached values around 9 or higher, it is conceivable that Fe
2+

 produced from diagenetic reduction 

of iron oxide particles was mostly trapped in pore waters rather than being expelled into the 

water column, making the iron shuttle significantly less efficient than in marine environments or 

even less alkaline lakes. Indeed, the black shale and the gray mudstones in the Towaco 

Formation show a high abundance of carbonate-bound iron (Fecarb) in association with relatively 

lower FePY/FeHR (Fig. 8). Fe
2+

 may thus have been trapped immediately in diagenetic Fe-

carbonate rather than entering the dissolved load – in particular in the upper gray shale, which 

was presumably the most saline and alkaline based on C-O isotope data and biomarkers (Section 

5.2). The subtle enrichments in FeHR/FeT in the black shale and lower gray mudstone suggest that 

the iron shuttle was probably not completely muted and possibly sustained through organic 
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complexation of iron. But the general lack of response in FeT/Al and the small drop in FeHR/FeT 

in the black shale in core C-128 suggest that iron was overall not highly mobile in this setting.   

Like iron, other transition metals may have been affected by high pH (Lewis, 2010). Tack 

et al. (1996) reported a decrease in the solubility of Cu, Pb, Zn, Co, Ni, Mn and Cd with 

increasing pH in experiments with marine sediments, which they attributed to a combination of 

two factors: incorporation of divalent cations into carbonate and/or adsorption onto iron oxides. 

Before we evaluate these two possible sinks for the Newark Basin, we stress that the absolute 

magnitude of metal enrichments in our samples is not comparable to a marine setting because the 

overall reservoir of metals is likely smaller in a lake than it is in the ocean. However, lakes also 

have a smaller metal sink, which may scale to some degree with the smaller reservoir size. 

Furthermore, and most importantly, the relative differences in the behavior of different metals 

may plausibly be explained by their distinct response to pH conditions. We will therefore focus 

on comparing the general behavior of different groups of metals rather than interpreting their 

absolute enrichment factors. 

Regarding carbonate, Harrison et al. (1973) observed a predominance of carbonate-bound 

Cd, Co, Mn and Zn in rocks of the Green River Formation, which accumulated in an Eocene 

alkaline lake. Carbonate-trapping on the basin margin, possibly during diagenesis, may thus 

explain why we did not find enrichments in Co, Ni, Cu and Zn in the Towaco black shale. 

Similar to Fe
2+

, these elements may not have been released into the dissolved phase. However, 

we do observe a moderate enrichment in Cd, which also has a high affinity for carbonate 

(Zachara et al., 1991) and thus should not have been mobilized from porewaters under these 

alkaline conditions. This discrepancy may point to adsorption onto iron oxides as a more 

important mechanism by which cationic transition metals were trapped on the basin margin. In 

general, the adsorption affinity of cations on iron and manganese oxides increases with 

increasing pH, because iron oxide surfaces become more negatively charged and thus more 

attractive for cations (Stumm and Morgan, 1996). Cadmium, however, has the lowest adsorption 

affinity compared to Co, Ni, Cu and Zn (Abd-ElFattah and Wada, 1981; Tiller et al., 1984; 

Bruemmer et al., 1988). We therefore speculate that under alkaline conditions in the Newark lake 

most of the cationic metals – with the exception of Cd – were trapped efficiently by shallow-

water red beds, thus lowering their overall dissolved inventory and enrichment in the deeper 
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basin. Trapping by carbonates may have occurred during diagenesis but was perhaps 

quantitatively less important than iron oxide adsorption in lowering dissolved metal levels.  

Vanadium, As and Mo, which generally form oxyanions in water, show solution 

behaviors opposite those of cationic metals. Their affinity for adsorption onto iron oxides drops 

with increasing pH because the surfaces become more repulsive (Stumm and Morgan, 1996; 

Zinabu and Pearce, 2003), and Mo has been shown to be more soluble at high pH even in the 

presence of high H2S levels (Helz et al., 2011). Also, U solubility increases with pH as dissolved 

U(VI) is stabilized by carbonate complexation (Casas et al., 1998; Maher et al., 2013). In the 

alkaline Newark basin, these elements could thus have built up in solution. Their only sink 

would have been biological uptake, adsorption onto biomass and minor pyrite uptake in anoxic 

bottom waters (where pyrite is rare), which would explain their strong correlations with TOC 

(Fig. 9). Chromium also forms a soluble oxyanion in its most oxidized form, Cr(VI), and should 

thus behave like V, As and Mo – counter to what we observed in the drill cores. However, Cr in 

rocks is primarily present as Cr(III), which forms insoluble Cr(OH)3 at high pH, thereby slowing 

down the oxidation rate and suppressing the mobility of Cr in solution (Eary and Rai, 1987; 

Zayed and Terry, 2003). Chromium may thus not have been mobile in the Newark lake waters, 

which would explain why it shows no enrichment in the black shales of the Towaco Formation.   

 

6. Synthesis of basin evolution 

 

The studied section of the Towaco Formation in the early Jurassic Newark basin records 

the deepening and shallowing of an ancient rift lake, likely driven by cyclic climatic changes 

(Van Houten, 1962; Olsen, 1986). As suggested by our biomarker records, the lake waters likely 

became progressively more saline and alkaline with increased evaporation above the 

microlaminated fish-bearing unit. In fact, increased salinity stratification, which would have 

promoted redox stratification between upper and lower water layers, was likely a major factor in 

enhancing organic matter preservation during deposition of the black shale interval as evidenced 

by the high gammacerane index values and abundant carotane preservation in chromatograms. 

Bottom-water anoxia prevailed only during the deposition of the black shale, as indicated by the 

accumulation of Mo, which probably marks an episode of stagnation and stratification as 

suggested for Van Houten cycles elsewhere in the basin (Kruge et al., 1989; El Tabakh and 
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Schreiber, 1994) and may explain the disappearance of macrofauna at this time. These 

observations may be synthesized as follows (from oldest to youngest):   

Phase 1 – wet stage in a warm climate: During deposition of the lower gray shale, water 

influx exceeded loss by evaporation, such that the lake became progressively deeper. The 

shallow depth of the lake during this time likely allowed for wind mixing and entrainment of 

atmospheric oxygen into the water column, which would explain the observed ripples and the 

lack of authigenic iron and trace metal enrichments.   

Phase 2 – climatic turning point towards arid conditions: When the lake reached its 

maximum depth, likely marked by the microlaminite, the lake was evidently sufficiently dilute to 

support a rich biota that included various fish species (Olsen, 1988b; Olsen et al., 2003). 

However, oxygen contents began to decrease in the bottom waters at this time as indicated by 

our iron and Mo data. During subsequent deposition of the remainder of the black shale, 

evaporation became more important for the chemical properties of the sediments, leading to high 

salinity, high alkalinity and stagnation, as indicated by the biomarkers and the preservation of 

undisturbed wrinkly mats on the lake floor. Saline waters sank to the bottom, beneath a fresher 

surface cap. The carbonate C-O isotope data likely capture this freshwater cap. Stagnation, 

paired with low O2 solubility in saline waters, enhanced anoxia in deep waters. NH3, built up in 

the lower anoxic alkaline water column, was perhaps released to the atmosphere during seasonal 

overturn – as we see in modern alkaline lakes. This process would explain the large δ
15

N values 

observed in the black shale.  

Phase 3 – arid climate: During deposition of the upper gray shale, salinity increased 

further, as suggested by the biomarkers and oxygen isotope data. Evaporation exceeded inflow 

and the lake level dropped. Under shallow conditions, wind mixing extended down to the 

sediments, allowing for the formation of ripples and the entrainment of oxygen. Finally, 

deposition of the red shales marks complete desiccation with only seasonal or less frequent 

flooding. 

 

7. Conclusions and broader implications  

 

 The Newark basin, whose hydrological evolution can be constrained by sedimentary 

features, isotopic indicators, biomarkers and paleogeographic reconstructions, can serve as a 
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natural laboratory for assessing the effects of high pH on environmental proxies. Our data 

suggest that under such conditions some of the commonly used redox proxies behave differently 

compared to behaviors under circumneutral pH. Ratios of Fe/Al and FeHR/FeT, which are 

commonly enriched in marine anoxic settings, show no significant difference between the oxic 

and anoxic alkaline facies in the Towaco Formation. Only the microlaminite unit, which 

probably marks the beginning of anoxic bottom waters immediately before lake shrinkage by 

evaporation, shows the authigenic iron enrichments that one would expect under anoxic 

conditions. These enrichments are not expressed in the subsequent alkaline facies, although 

anoxia likely persisted. Of the minor elements, Mo, As, V, U and Cd are enriched in the alkaline 

black shale facies, but Co, Ni, Cu, Zn and Cr are not. These patterns are most parsimoniously 

explained by differential pH effects on the solubility of the elements: iron, Co, Ni, Cu, Zn and Cr 

become less soluble with increasing pH, whereas Mo, As, V, and U are more soluble.  

 To first order, the solubility of transition metals in the ocean is controlled by the redox 

state and H2S inventory of the water column. However, pH may in part dictate the magnitude of 

enrichment in marine sediments. For example, Mo concentrations in euxinic marine black shales 

increase strongly from the Proterozoic to the Phanerozoic in response to oxygenation of the deep 

ocean (Scott et al., 2008), but Zn shows only a relatively weak change across this interval (Scott 

et al., 2012). A number of explanations are plausible, including a high flux of hydrothermal Zn 

into the Precambrian oceans or stabilization of Zn by organic complexes. However, in light of 

recent modeling that suggests an increase in seawater pH from around 6.5 in the Archean to 

modern values close to 8.0 (Halevy and Bachan, 2017), it is also possible that the difference in 

behavior between Mo and Zn was at least in part modulated by pH. Molybdenum would have 

become relatively more soluble over time, whereas the solubility of Zn would have decreased. 

This effect would not impact inferences about ocean oxygenation, but it may play a role for the 

relative sensitivities of the different proxies. 

 Another important aspect for ocean redox evolution may be the decreasing solubility of 

ferrous iron with increasing pH (Morgan and Lahav, 2007; Gudbrandsson et al., 2011). Ferrous 

iron was the major redox buffer in the Archean and Proterozoic deep ocean (Poulton and 

Canfield, 2011). If seawater pH increased through Earth’s history, then the resulting drop in iron 

solubility should have lowered the concentration of dissolved Fe
2+

 in the water column, which 

may ultimately have helped facilitate global oxygenation. Despite the many remaining 
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unanswered questions and the multiple possible interpretations, our results stress that redox 

proxies do not necessarily respond to redox changes in a linear fashion, and other parameters, 

including pH, deserve more attention in future studies. Within this context, diverse proxies, alone 

and in combination, may help us delineate and characterize ancient alkaline systems.   
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Figure captions 

 

 

Figure 1: Geologic map of the Newark Basin. The early Jurassic Towaco Formation 

investigated in this study is highlighted in blue. The Triassic-Jurassic boundary lies within the 

Passaic Formation. Adapted from Olsen et al. (1996a). 

 

 

Figure 2: Facies evolution and distribution. A: The lake basin formed in a half-graben where 

activity along the normal fault created accommodation space for sedimentation (adapted from 

Olsen, 1988b). Our sample set captures the marginal/shoreline facies (red siltstone), the shallow 

lake facies (gray mudstone) and deep lake facies (black shale). B: Schematic of a Van Houten 

cycle of lake deepening and shallowing in the Towaco Formation as inferred from the 

sedimentary record (adapted from Olsen, 1997). LRS = lower red siltstone, LGM = lower gray 

mudstone, BS = black shale, UGM = upper gray mudstone, URS = upper red siltstone. The 

purple interval depicted here was not prominent in our study section. 

 

 

Figure 3: Chemostratigraphy of core PT-14 through the Towaco Formation. Panel A: 

Elemental abundances. Enrichment factors (EF) for Mo and Cr were calculated relative to the 

average of all red shales in the two cores. B: Isotopic ratios and additional abundance data. The 

fish-bearing horizon, which could not be analyzed, is immediately at the base of the black shale 

where sulfur isotope values are most negative. The dashed lines in the iron speciation graph 

show the empirically defined thresholds for the transitions from oxic to anoxic conditions 

(FeHR/FeT > 0.38, Raiswell and Canfield, 1998) and from ferruginous to euxinic conditions 

(FePY/FeHR > 0.7 and FeHR/FeT > 0.38, Poulton and Canfield, 2011). The solid red line marks 

the average FeHR/FeT ratio of all red stilstones from both drillcores. In the FeT/Al panel, the solid 

red line also marks the red siltstone average. This comparison highlights that the black shale is 

not significantly enriched in authigenic iron compared to background sediments. Light shaded 

green bar = water level increase as inferred from lithofacies (grain size fining). Dark shaded 

green bar = water level highstand and thermohaline stratification as inferred from lithofacies and 

δ18
Ocarb. Shaded blue bar = water level shrinkage by evaporation as inferred from δ18

Ocarb and 

biomarkers. 

 

 

Figure 4: Chemostratigraphy of core C-128 through the Towaco Formation. Symbols and 

shading as in Fig. 3.  

 

 

Figure 5: Images of rocks in the Towaco Formation. A, B, C, E and F are photomicrographs 

that were taken with a microscope camera, D is a photograph of a thin section. A: PT-14, 

102.29m, bioturbated intermingled siltstone and mudstone with subordinate diagenetic 

carbonate; B: PT-14, 98.04m, massive mudstone with euhedral diagenetic pyrite (opaque grains); 

C: C-128, 47.06m, interbedded silt sheets and micro-turbidites with graded lamination from silt 

to mud; D: C-128, 51.54m; plane-to-wrinkly laminated carbonaceous, calcareous shale, 

highlighting absence of bioturbation in hand-sample view; E: C-128, 51.11m, plane-to-wrinkly 
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laminated carbonaceous, calcareous shale where light-colored laminae are carbonate-rich; F: PT-

14, 99.85m, close-up of carbonaceous wrinkly laminae in the black shale, bracketed by 

carbonate-rich laminae with micritic matrices and small sparry fenestrae.   

 

 

Figure 6: Carbon-nitrogen scatter plots. A: bulk δ
15

N versus organic carbon to total nitrogen 

(C/N) ratios. The kink in the slope likely indicates the onset of stratification and build-up of an 

isotopically enriched NH4
+
 reservoir in the water column that became bioavailable to algae and 

prokaryotes. B: C/N ratios versus total organic carbon (TOC). The correlation between the two 

parameters likely suggests higher rates of NH4
+
/NH3 production and NH3 loss from biomass 

(increasing C/N) under progressively more anoxic conditions that favor increasing TOC buildup. 

The kink in the slope may reflect a transition towards stratification and seasonal NH3 release as 

in modern Mono Lake (Jellison et al., 1993). C: Bulk δ
15

N versus organic δ
13

C isotopes. The 

interval of heaviest δ
15

N – interpreted as redox stratified – is characterized by light δ
13

C, which 

may indicate anaerobic metabolisms or utilization of isotopically light DIC in a stratified water 

column. D: TOC versus organic δ
13

C, showing that that anaerobic metabolisms (light δ
13

Corg) 

correspond to intervals of high biomass accumulation, consistent with redox stratified conditions.  

 

 

Figure 7: (a) Iron speciation. Highly reactive over total iron (FeHR/FeT) versus pyrite-bound 

over highly reactive iron (FePY/FeHR). The black and gray shale are only weakly enriched in 

FeHR/FeT relative to the red siltstone. Note that three out of eleven data points from the red 

siltstone have FeHR/FeT ratios between 0.46 and 0.48, which is nearly the same as in the most 

enriched black and gray shales. The intrabasinal iron pump may thus have been acting less 

efficiently than in marine settings, though it was probably not completely muted. Black dashed 

lines = empirically defined thresholds from global sample collections (Raiswell and Canfield, 

1998; Poulton and Canfield, 2011); red solid line and shaded area = average FeHR/FeT ratio ± 2 

SD from the red siltstones in the two studied drill cores of the Towaco Formation.  (b) Pyrite-

bound sulfur (Spy) versus total organic carbon (TOC). The highest C/S ratios occur in the 

middle of the black shale, concurrent with maximum TOC and δ
15

N values; the lowest C/S ratios 

coincide with the highest Spy abundances in the lower gray shale (Fig. 3 and 4). Trends for 

freshwater lakes and marine sediments are taken from the literature (Berner and Raiswell, 1983; 

Berner and Raiswell, 1984; Lyons et al., 2000). The “marine Holocene” trendline shows the 

average covariance between Spy and TOC in marine sediments from oxic settings. The “marine 

post-Silurian” trend accounts diagenetic and metamorphic loss of organic carbon, which leads to 

a steeper trendline in sedimentary rocks from oxic marine settings. The ‘post-Silurian’ selection 

accounts for the presence of some vascular plant biomass, which is more recalcitrant and less 

prone to carbon loss during diagenesis and metamorphism (Raiswell and Berner, 1987). Even 

older sedimentary rocks, or samples from settings with no input of plant biomass, would display 

an even steeper trendline. 

 

 

Figure 8: Iron speciation in stratigraphic context. Iron phases that make up highly reactive 

iron (FeHR) change systematically across the section. In the red siltstone, ferric iron oxides 

(FeHEM) dominate; in the lower gray mudstone and the black shale, pyrite-bound iron (FePY) 

dominates and in the upper gray mudstone, carbonate-bound iron (FeCARB) is most abundant. 
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FeCARB also shows a spike in the middle of the black shale where FePY drops, and it is relatively 

abundant at the base of the lower gray mudstone. The distribution of FeCARB does not follow 

carbonate abundances (Fig. X and Y), indicating that it is not a simple equilibrium process 

proportional to Fe
2+

 abundance in the lake water column. This is consistent with Fe
2+

 retention in 

pore waters by diagenetic carbonate.  

 

 

Figure 9: Trace metal enrichment factors (EF) versus total organic carbon (TOC). In all 

panels, gray dots = core C-128; black diamonds = core PT-14. Upper row = elements that show 

enrichments in the black shale; lower row = elements that show no systematic variability across 

the two cores and no enrichments in the black shale. Enrichment factors are calculated relative to 

the average of all red shales in the two cores. In panel D, one outlier with Cd (EF) = 44.3 at TOC 

= 2.83% from core PT-14 was excluded.  

 

 

Figure 10: Biomarker patterns. MRM-GC-MS traces comparing C30 triterpane distributions 

(using the appropriate molecular-daughter ion transition of 412-191 Da for selective detection of 

these polycyclic alkanes) for different rock bitumen extracts from the C-128 core. Compound 

peaks identified are: 1. C30 diahopane; 2. C30 αβ-hopane; 3. C30 βα-hopane (moretane); 4. 

gammacerane. A systematic reduction in the abundance of gammacerane (4) relative to C30 αβ-

hopane (2) with increasing depth in the black shale interval suggests the upper portion of black 

shale was deposited in a more saline and likely progressively shallowing lacustrine setting. Even 

higher relative abundances of gammacerane are found in the two organic-lean silty shales in the 

overlaying evaporative section (see Table 4), presumably reflecting periodic hypersaline 

depositional conditions for this shallow upper stratigraphic interval. 
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Table 1: Organic carbon, total nitrogen and carbonate carbon and oxygen data 

sample ID 
Pos. 
[m] 

TOC 
[%] 

δ13Corg 
[‰] 

C/N 
[at] 

TN 
[%] 

δ15N 
[‰] 

δ13Ccarb 
[‰] 

δ18Ocarb 
[‰] 

MgCO3 
[%] 

CaCO3 
[%] 

Ca/Mg 
[at] 

core C-128: 
      

     C128_143.3 43.68 0.02 -24.25 3.63 0.01 3.03 -6.62 -3.67 1.12 9.82 7.88 

C128_145.4 44.32 0.05 -24.26 2.84 0.02 4.58 -2.16 1.45 1.85 3.89 1.90 

C128_146.0 44.50 0.07 -25.42 2.54 0.03 4.60 -1.82 1.13 1.36 2.93 1.94 

C128_149.2 45.48 0.40 -26.50 10.68 0.04 5.82 -1.57 1.78 5.45 9.35 1.55 

C128_150.6 45.90 0.32 -26.62 7.06 0.05 5.02 -1.14 1.88 3.89 6.47 1.50 

C128_153.3 46.73 0.18 -26.01 5.86 0.04 4.12 -0.70 1.15 3.23 5.11 1.43 

C128_154.4 47.06 0.19 -26.19 5.53 0.04 4.39 -0.18 1.77 3.67 6.04 1.48 

C128_156.4 47.67 0.20 -26.54 7.31 0.03 3.91 -0.92 -0.69 2.47 6.74 2.46 

C128_157.9 48.13 0.35 -26.38 8.41 0.05 5.53 0.06 1.94 3.92 6.27 1.45 

C128_160.3 48.86 0.32 -27.25 7.71 0.05 4.99 0.52 1.91 4.19 8.19 1.76 

C128_161.5 49.23 0.31 -27.29 8.01 0.04 5.00 0.20 1.10 4.20 6.83 1.47 

C128_162.4 49.50 0.36 -27.39 9.19 0.05 4.94 0.44 1.25 6.13 7.03 1.03 

C128_163.5 49.83 1.06 -30.10 24.33 0.05 6.57 1.10 2.24 6.35 9.56 1.36 

C128_164.3 50.08 0.92 -30.22 24.27 0.04 5.94 0.66 1.36 5.85 8.10 1.25 

C128_165.2 50.35 2.57 -29.67 40.18 0.07 10.53 -0.68 -0.64 10.62 14.47 1.23 

C128_165.8 50.54 4.75 -29.78 45.36 0.12 12.66 -1.98 -2.16 8.47 11.96 1.28 

C128_166.2 50.66 2.83 -29.88 41.61 0.08 11.54 -1.77 -0.82 10.12 13.99 1.25 

C128_166.8 50.84 6.64 -29.71 45.31 0.17 14.47 -3.49 -3.73 9.06 16.30 1.62 

C128_167.7 51.11 3.98 -29.25 39.89 0.12 9.18 -2.50 -1.73 4.19 6.48 1.40 

C128_168.2 51.27 2.08 -29.65 36.04 0.07 6.20 -1.77 -0.67 3.59 7.33 1.84 

C128_168.5 51.36 3.82 -28.99 40.91 0.11 7.38 -2.93 -2.45 4.76 9.38 1.78 

C128_169.1 51.54 3.46 -29.29 46.66 0.09 6.92 -3.63 -3.41 7.97 14.66 1.66 

C128TUFF-6 51.64 2.98 -31.00 45.26 0.08 8.34 -4.85 0.01 24.41 31.06 1.15 

C128TUFF-5 51.66 2.64 -31.13 39.93 0.07 8.18 -4.79 -0.03 24.88 30.76 1.12 

C128TUFF-4 51.66 0.98 -31.76 20.71 0.04 5.13 -4.71 1.13 26.02 32.19 1.12 

C128TUFF-3 51.67 2.68 -31.13 42.37 0.07 8.07 -11.41 -4.18 1.93 12.57 5.88 

C128TUFF-2 51.68 2.88 -31.11 44.44 0.07 8.88 -4.84 0.56 19.06 23.08 1.09 

C128TUFF-1 51.69 3.02 -30.92 43.58 0.08 8.62 -4.47 0.46 25.69 31.95 1.12 

C128_169.8 51.76 2.45 -30.05 39.41 0.07 6.84 -3.20 -1.15 10.49 14.95 1.29 

C128_172.6 52.61 1.04 -30.21 22.70 0.05 5.90 -2.35 0.37 1.54 2.50 1.47 

C128_175.6 53.52 0.30 -28.83 7.62 0.05 4.84 -2.26 0.20 1.58 2.16 1.24 

C128_177.5 54.10 1.86 -30.44 29.74 0.07 7.29 -3.51 1.16 6.93 8.56 1.12 

C128_180.8 55.11 0.10 -26.48 11.51 0.01 2.56 
  

0.40 0.81 1.83 

core PT-14: 
           

PT14_296'1'' 90.25 0.06 -24.64 3.00 0.02 5.27 
  

3.00 3.05 0.92 

PT14_297'5'' 90.65 0.09 -25.55 2.24 0.05 5.61 
  

2.26 2.41 0.97 

PT14_307'5'' 93.80 0.23 -25.90 11.13 0.02 5.11 
  

1.66 1.79 0.98 

PT14_311'1'' 94.82 0.29 -26.18 7.31 0.05 6.15 
  

3.42 3.70 0.97 

PT14_311'5'' 94.92 0.20 -26.11 6.24 0.04 4.59 -0.38 2.14 3.00 3.77 1.14 
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PT14_313'7'' 95.58 0.46 -26.03 10.22 0.05 7.02 -0.52 1.65 4.03 4.80 1.08 

PT14_314'5'' 95.83 0.35 -26.89 11.36 0.04 5.01 -0.31 1.91 3.90 4.68 1.08 

PT14_316'10'' 96.57 0.35 -26.87 8.04 0.05 5.66 -0.35 1.70 4.28 5.45 1.15 

PT14_318'5'' 97.05 0.32 -26.89 7.55 0.05 4.92 -0.15 1.75 4.25 4.76 1.01 

PT14_321'2'' 97.89 0.61 -29.15 13.63 0.05 5.52 0.17 1.79 4.60 4.80 0.94 

PT14_321'8'' 98.04 1.35 -29.83 34.08 0.05 5.76 0.54 1.82 6.95 8.82 1.15 

PT14_323'1'' 98.48 0.46 -27.63 10.94 0.05 5.09 0.89 2.02 4.72 4.50 0.86 

PT14_323'4'' 98.55 2.83 -30.24 45.13 0.07 9.18 0.78 1.73 8.27 10.14 1.11 

PT14_323'6'' 98.60 1.31 -29.91 33.51 0.05 6.88 -0.26 0.76 7.63 10.37 1.23 

PT14_325'10'' 99.31 4.95 -30.03 47.49 0.12 12.58 -0.85 0.01 11.58 10.36 0.81 

PT14_326'4'' 99.47 5.68 -30.36 52.06 0.13 12.49 -3.71 -4.22 10.69 9.16 0.77 

PT14_326'8'' 99.57 4.87 -29.84 43.85 0.13 12.31 -4.19 -4.84 14.82 12.16 0.74 

PT14_327'4'' 99.77 4.20 -29.34 45.12 0.11 7.28 -3.16 -4.03 2.30 4.12 1.62 

PT14_327'7'' 99.85 2.83 -29.53 42.38 0.08 6.24 -2.68 -0.67 5.01 5.14 0.93 

PT14_328'4'' 100.08 2.73 -29.44 41.79 0.08 6.35 -2.77 -0.62 12.44 12.48 0.91 

PT14_329'4'' 100.38 0.93 -30.33 19.22 0.06 6.74 -1.83 0.39 1.60 1.90 1.07 

PT14_331'5'' 101.02 1.29 -30.40 31.29 0.05 6.12 -1.98 0.85 3.23 3.52 0.98 

PT14_332'8'' 101.40 0.23 -27.48 6.68 0.04 4.73 -5.37 -4.19 1.04 4.09 3.55 

PT14_335'7'' 102.29 0.16 -26.94 3.79 0.05 3.76 
  

0.79 0.56 0.64 

PT14_337'10'' 102.97 0.14 -26.65 3.94 0.04 4.05 
  

0.78 0.58 0.67 

PT14_338'8'' 103.23 0.09 -26.52 4.42 0.02 3.33 
  

0.52 0.50 0.88 
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Table 2: Iron speciation and pyrite sulfur isotope data. Ac. Fe = sodium acetate-soluble iron, Ox. Fe = 

ammonium oxalate-soluble iron, Dith. Fe = sodium dithionate-soluble iron, Py. Fe = pyrite-bound iron, FeT = total 

iron, FeHR = highly reactive iron. 

Sample: [m] 
Ac. Fe 
[wt%] 

Ox. Fe 
[wt%] 

Dith. Fe 
[wt%] 

Py. Fe 
[wt%] 

FeT 
[wt%] 

FePy/
FeHR 

FeHR/
FeT 

δ
34

SPY 
[‰] 

core C-128: 
 

        
C128_126.1 38.44 0.03 0.38 2.08 nd nd nd nd nd 

C128_127.8 38.95 0.07 0.22 1.05 nd nd nd nd nd 

C128_130.6 39.81 0.03 0.26 0.99 nd nd nd nd nd 

C128_131.7 40.14 0.06 0.24 1.31 nd nd nd nd nd 

C128_133.1 40.57 0.07 0.23 1.33 nd nd nd nd nd 

C128_136.2 41.51 0.11 0.33 0.99 nd nd nd nd nd 

C128_137.5 41.91 0.05 0.34 1.13 nd nd nd nd nd 

C128_139.9 42.64 0.09 0.12 0.64 nd nd nd nd nd 

C128_140.9 42.95 0.01 0.15 0.84 nd nd nd nd nd 

C128_143.3 43.68 0.10 0.19 0.64 0.00 1.97 0.00 0.47 nd 

C128_145.4 44.32 0.08 0.38 0.81 0.00 5.64 0.00 0.23 nd 

C128_146.0 44.50 0.10 0.38 0.89 0.00 6.49 0.00 0.21 nd 

C128_149.2 45.48 0.82 0.20 0.12 0.22 4.82 0.16 0.28 -5.72 

C128_150.6 45.90 0.69 0.14 0.11 0.07 4.52 0.07 0.23 -7.39 

C128_153.3 46.73 0.61 0.19 0.11 0.04 4.36 0.05 0.22 -13.21 

C128_154.4 47.06 0.64 0.18 0.12 0.01 4.53 0.01 0.21 -11.97 

C128_156.4 47.67 0.71 0.16 0.10 0.17 3.53 0.15 0.32 8.65 

C128_157.9 48.13 0.51 0.12 0.12 0.40 4.66 0.35 0.25 -0.42 

C128_160.3 48.86 0.64 0.09 0.09 0.52 4.45 0.39 0.30 0.32 

C128_161.5 49.23 0.61 0.10 0.08 0.47 3.79 0.37 0.33 15.03 

C128_162.4 49.50 0.40 0.07 0.07 1.30 4.19 0.71 0.44 12.60 

C128_163.5 49.83 0.27 0.05 0.06 1.35 3.64 0.78 0.48 -5.56 

C128_164.3 50.08 0.24 0.04 0.05 1.16 3.49 0.78 0.43 28.00 

C128_165.2 50.35 0.38 0.05 0.05 0.70 2.87 0.59 0.41 34.69 

C128_165.8 50.54 0.24 0.05 0.07 0.68 2.37 0.66 0.44 31.76 

C128_166.2 50.66 0.18 0.10 0.09 0.63 2.93 0.63 0.34 46.78 

C128_166.8 50.84 0.22 0.06 0.08 0.30 2.00 0.45 0.33 37.74 

C128_167.7 51.11 0.07 0.03 0.04 0.95 2.86 0.86 0.38 4.41 

C128_168.2 51.27 0.11 0.04 0.05 1.04 3.52 0.85 0.35 2.80 

C128_168.5 51.36 0.16 0.04 0.04 1.08 3.04 0.82 0.43 -7.21 

C128_169.1 51.54 0.28 0.03 0.04 0.77 2.92 0.68 0.39 -12.26 

C128Tuff-6 51.64 0.43 0.03 0.04 0.47 1.71 0.48 0.57 -21.29 

C128Tuff-5 51.66 0.31 0.03 0.04 0.94 2.22 0.71 0.60 -18.62 

C128Tuff-4 51.66 0.92 0.16 0.22 6.57 7.80 0.84 1.01 -0.84 

C128Tuff-3 51.67 0.39 0.04 0.04 0.47 1.51 0.50 0.62 -21.56 

C128Tuff-2 51.68 0.50 0.04 0.04 0.89 1.72 0.61 0.85 -23.36 

C128Tuff-1 51.69 0.52 0.03 0.04 0.92 1.87 0.61 0.80 -23.07 

C128_169.8 51.76 0.22 0.03 0.04 1.03 2.83 0.78 0.46 -15.64 
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C128_172.6 52.61 0.11 0.05 0.06 1.92 4.94 0.90 0.43 6.45 

C128_175.6 53.52 0.10 0.06 0.07 1.95 5.36 0.90 0.40 -7.07 

C128_177.5 54.10 0.19 0.04 0.05 1.37 3.87 0.83 0.43 -11.41 

C128_180.8 55.11 0.13 0.37 0.48 0.00 4.03 0.00 0.24 nd 

C128_184.0 56.08 0.13 0.54 1.06 0.00 3.76 0.00 0.46 nd 

C128_185.1 56.42 0.18 0.34 0.99 0.00 nd 0.00 nd nd 

C128_187.6 57.18 0.12 0.22 1.00 0.00 nd 0.00 nd nd 

C128_187.9 57.27 0.06 0.28 0.92 0.00 nd 0.00 nd nd 

C128_190.5 58.06 0.07 0.21 1.13 0.00 3.01 0.00 0.47 nd 

core PT-14: 
         PT14_296'0 90.22 0.10 0.49 1.32 0.00 nd 0.00 nd nd 

PT14_296'1 90.25 0.11 0.45 0.81 0.00 4.18 0.00 0.33 nd 

PT14_297'5 90.65 0.10 0.47 1.01 0.00 5.44 0.00 0.29 nd 

PT14_307'5 93.80 0.34 0.23 0.15 0.06 5.65 0.08 0.14 nd 

PT14_311'1 94.82 0.52 0.15 0.11 0.20 4.70 0.20 0.21 -5.18 

PT14_311'5 94.92 0.55 0.13 0.10 0.30 4.37 0.28 0.25 -4.05 

PT14_313'7 95.58 0.92 0.30 0.13 0.05 4.40 0.04 0.32 -4.36 

PT14_314'5 95.83 0.67 0.16 0.14 0.32 4.41 0.25 0.29 0.59 

PT14_316'10 96.57 0.48 0.11 0.09 0.70 4.79 0.50 0.29 -4.80 

PT14_318'5 97.05 0.79 0.12 0.11 0.48 4.25 0.32 0.35 11.61 

PT14_321'6 97.89 0.31 0.05 0.04 1.07 4.22 0.73 0.35 -1.18 

PT14_321'8 98.04 0.25 0.04 0.04 1.19 3.51 0.78 0.43 -5.62 

PT14_323'1 98.48 0.17 0.05 0.06 1.21 4.34 0.82 0.34 -5.18 

PT14_323'4 98.55 0.27 0.04 0.05 0.84 3.34 0.70 0.36 41.36 

PT14_323'6 98.60 0.18 0.07 0.07 0.82 3.21 0.72 0.36 53.64 

PT14_325'10 99.31 0.23 0.07 0.08 0.48 2.01 0.56 0.43 35.05 

PT14_326'4 99.47 0.24 0.04 0.06 0.39 1.47 0.54 0.49 42.96 

PT14_326'8 99.57 0.21 0.05 0.07 0.49 1.70 0.59 0.48 40.57 

PT14_327'4 99.77 0.06 0.03 0.04 1.04 3.41 0.89 0.34 1.70 

PT14_327'7 99.85 0.09 0.04 0.04 0.94 3.15 0.85 0.35 -11.84 

PT14_328'4 100.08 0.19 0.03 0.04 0.73 2.45 0.74 0.40 -13.40 

PT14_329'4 100.38 0.12 0.06 0.06 1.89 5.06 0.88 0.42 4.69 

PT14_331'5 101.02 0.27 0.07 0.07 2.02 4.66 0.83 0.52 8.48 

PT14_332'8 101.40 0.20 0.14 0.12 1.26 5.16 0.74 0.33 -13.09 

PT14_335'7 102.29 0.24 0.41 0.15 0.00 5.86 0.00 0.14 nd 

PT14_337'10 102.79 0.23 0.93 0.68 0.00 6.94 0.00 0.26 nd 

PT14_337'3 102.97 0.20 1.11 0.45 0.00 6.32 0.00 0.28 nd 

PT14_338'8 103.23 0.10 0.42 0.64 0.00 4.64 0.00 0.25 nd 

PT14_343'7 104.72 0.19 0.77 0.76 nd nd nd nd nd 

PT14_344'11 104.98 0.12 0.49 0.81 nd nd nd nd nd 

PT14_344'5 105.13 0.13 0.75 1.06 nd nd nd nd nd 

PT14_347'11 106.05 0.11 1.07 1.25 nd nd nd nd nd 
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Table 3: Elemental abundances. 

sample ID 
Pos.  
[m] 

Na  
[%] 

Mg 
[%] 

Al  
[%] 

P 
[ppm] 

K  
[%] 

Ca  
[%] 

Ti 
[ppm] 

V 
[ppm] 

Cr 
[ppm] 

Mn 
[ppm] 

Fe 
[%] 

Co 
[ppm] 

Ni 
[ppm] 

Cu 
[ppm] 

Zn 
[ppm] 

As 
[ppm] 

Mo 
[ppm] 

Cd 
[ppm] 

U 
[ppm] 

core C-128: 
                    C128_143.3 43.68 2.88 0.68 5.73 370 1.69 4.53 2950 55 32 710 1.97 5.4 15.7 48.1 29.0 0.8 0.3 0.1 1.1 

C128_145.4 44.32 2.00 2.50 7.79 460 2.74 1.77 4280 88 59 554 5.64 24.9 40.2 85.9 143.0 2.5 0.2 0.1 1.5 

C128_146.0 44.50 1.21 2.84 8.35 560 3.25 1.40 4570 100 65 597 6.49 26.3 45.3 42.1 173.0 1.4 0.2 0.1 2.0 

C128_149.2 45.48 1.39 3.74 7.83 392 2.96 4.05 3626 101 70 893 4.82 19.8 38.7 94.4 113.7 9.9 1.5 0.0 2.9 

C128_150.6 45.90 1.40 3.25 8.61 120 3.25 2.61 3905 111 75 758 4.52 16.6 42.3 55.1 112.4 3.8 0.4 0.1 2.4 

C128_153.3 46.73 1.42 2.74 7.91 486 2.94 2.28 4513 104 71 718 4.36 17.2 40.2 45.9 132.4 6.4 0.3 0.2 2.0 

C128_154.4 47.06 1.25 3.10 7.60 438 2.90 2.89 4139 100 67 741 4.53 16.2 39.5 21.8 87.3 7.8 0.2 0.1 1.8 

C128_156.4 47.67 1.45 2.01 6.68 489 2.39 2.90 4448 89 64 726 3.53 13.6 31.8 20.8 95.7 13.6 0.4 0.2 2.2 

C128_157.9 48.13 1.34 3.32 8.54 329 3.50 2.61 4000 113 77 730 4.66 17.9 42.6 28.8 75.8 15.1 0.3 0.1 2.1 

C128_160.3 48.86 1.10 3.34 7.88 344 3.40 3.12 4081 121 71 716 4.45 16.2 41.8 31.1 70.6 17.5 0.5 0.0 2.3 

C128_161.5 49.23 1.00 2.81 6.90 370 3.18 3.00 4015 94 64 755 3.79 13.9 34.1 27.2 65.7 15.9 0.4 0.1 2.1 

C128_162.4 49.50 0.94 3.02 7.03 331 3.33 2.88 3724 97 65 725 4.19 14.6 35.5 21.5 137.3 16.1 0.4 0.4 2.2 

C128_163.5 49.83 0.67 3.56 6.67 235 4.07 4.10 3373 93 61 688 3.64 11.7 30.1 24.2 52.0 17.1 0.8 0.1 2.4 

C128_164.3 50.08 0.69 3.33 6.22 306 3.38 3.33 3546 88 57 656 3.49 15.0 28.8 31.7 46.9 22.0 1.8 0.1 2.6 

C128_165.2 50.35 1.26 5.53 5.59 183 2.04 6.09 2748 150 52 832 2.87 12.0 28.7 33.2 311.1 34.1 13.2 0.8 3.6 

C128_165.8 50.54 0.62 5.49 4.13 192 1.58 4.69 2113 169 40 509 2.37 10.6 23.7 32.2 52.0 32.2 15.5 0.2 4.1 

C128_166.2 50.66 0.31 6.82 4.77 202 1.82 4.80 2221 122 43 665 2.93 9.7 23.1 26.7 70.5 25.5 14.8 0.1 4.4 

C128_166.8 50.84 0.30 7.40 3.23 170 1.27 5.50 1664 136 30 462 2.00 8.5 19.1 25.6 39.3 21.3 15.2 0.1 3.8 

C128_167.7 51.11 0.53 5.24 5.49 298 2.10 2.66 2644 201 52 375 2.86 11.7 27.9 29.6 59.8 52.9 19.7 0.3 5.4 

C128_168.2 51.27 0.85 4.04 6.71 321 2.44 2.20 3610 138 61 494 3.52 13.6 33.6 32.2 78.4 44.8 9.3 0.2 4.4 

C128_168.5 51.36 0.86 4.02 5.98 243 2.21 2.68 2949 210 56 375 3.04 11.8 29.8 31.7 70.6 35.3 9.1 0.2 5.3 

C128_169.1 51.54 1.18 4.38 5.73 273 2.04 5.33 2793 238 53 443 2.92 10.9 29.1 32.9 80.4 34.7 9.2 0.3 10.1 

C128Tuff-6 51.642 0.73 7.93 2.78 165 0.87 12.77 2053 157 33 947 1.71 7.0 16.5 32.3 33.8 25.8 13.6 0.2 4.3 

C128Tuff-5 51.656 0.82 6.81 3.32 196 1.15 11.02 2576 179 52 953 2.22 10.0 21.7 42.8 36.6 26.0 12.3 0.1 3.8 

C128Tuff-4 51.664 3.93 0.91 5.63 334 0.31 4.98 4013 84 20 421 7.80 30.4 57.6 346.2 80.4 195.5 41.0 0.3 4.0 
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C128Tuff-3 51.670 0.52 8.10 2.22 1009 0.73 13.57 1777 149 39 1057 1.51 6.1 13.9 20.7 51.9 22.7 12.9 0.2 5.8 

C128Tuff-2 51.678 0.88 7.79 2.92 162 0.89 12.76 2091 158 32 1009 1.72 6.8 15.9 21.3 30.6 26.9 14.1 0.1 3.0 

C128Tuff-1 51.685 1.10 7.61 3.37 178 1.05 12.12 2258 171 35 987 1.87 8.1 19.2 27.3 66.6 32.4 16.2 0.1 2.7 

C128_169.8 51.76 1.20 4.39 5.63 261 2.15 4.95 2759 236 52 473 2.83 11.6 29.1 31.6 68.3 29.5 11.1 0.3 7.7 

C128_172.6 52.61 1.55 2.22 8.68 477 3.67 1.11 4011 119 81 632 4.94 18.0 44.0 37.3 102.8 21.8 2.6 0.1 4.3 

C128_175.6 53.52 1.57 2.46 8.92 433 3.39 0.96 4224 123 83 630 5.36 18.8 45.0 40.3 91.9 22.0 2.7 0.1 3.6 

C128_177.5 54.10 1.78 3.42 8.26 372 2.71 3.38 3768 192 76 911 3.87 17.8 40.6 52.2 295.9 41.4 16.6 0.9 3.0 

C128_180.8 55.11 1.91 3.44 7.74 380 2.70 3.66 3970 189 76 857 4.03 16.4 36.4 45.2 310.0 39.2 16.6 0.9 3.1 

C128_184.0 56.08 2.67 0.89 6.95 510 1.97 0.55 4450 90 60 265 3.76 14.5 35.2 17.8 60.0 1.6 0.1 0.0 2.1 

C128_190.5 58.06 3.15 1.04 6.28 548 1.58 2.15 3617 71 55 1004 3.01 9.4 20.3 6.5 34.2 2.3 0.4 0.1 1.2 

core PT-14: 
                    PT14_296'1 90.25 2.44 1.99 8.09 490 3.12 2.13 4680 91 62 663 4.18 17.1 35.3 13.6 84.0 1.6 0.2 0.1 1.8 

PT14_297'5 90.65 1.73 2.45 9.05 610 3.68 1.74 5030 120 83 678 5.44 25.9 57.3 18.2 119.0 3.0 0.3 0.1 2.5 

PT14_307'5 93.80 1.57 3.13 8.43 505 2.82 1.21 5167 115 70 421 5.65 31.1 57.4 127.9 189.1 8.1 0.3 0.1 2.3 

PT14_311'1 94.82 1.63 3.31 8.42 372 3.31 2.65 4085 110 74 675 4.70 17.3 40.7 44.6 114.8 7.8 1.3 0.1 2.4 

PT14_311'5 94.92 1.66 2.73 7.84 437 2.90 2.45 4397 101 69 706 4.37 14.7 37.1 51.2 98.0 6.0 1.3 0.1 2.5 

PT14_313'7 95.58 1.83 3.38 8.23 378 3.46 3.98 3796 107 75 950 4.40 13.7 35.2 21.6 76.6 7.0 0.3 0.0 2.4 

PT14_314'5 95.83 1.68 3.27 8.08 358 3.40 3.34 3863 103 68 779 4.41 21.7 40.7 31.1 77.2 20.8 0.3 0.1 2.4 

PT14_316'10 96.57 1.33 3.04 7.95 308 3.57 2.83 3938 122 73 753 4.79 17.5 42.2 35.1 67.6 18.6 0.4 0.0 2.4 

PT14_318'5 97.05 1.17 3.01 7.83 374 3.61 3.39 4163 108 72 769 4.25 14.2 39.1 24.8 70.7 15.2 0.4 0.1 2.6 

PT14_321'6 97.89 1.08 3.20 7.88 264 3.94 3.12 3999 121 73 684 4.22 12.1 38.2 26.2 58.5 14.0 0.3 0.1 2.2 

PT14_321'8 98.04 0.72 3.64 6.53 265 3.93 4.05 3443 93 58 704 3.51 11.7 28.6 28.2 44.2 17.6 0.5 0.0 3.0 

PT14_323'1 98.48 1.18 3.57 7.80 269 3.39 2.89 3835 111 71 649 4.34 13.2 37.1 28.6 54.5 14.9 0.5 0.0 3.0 

PT14_323'4 98.55 1.62 5.03 6.38 185 2.30 6.10 3006 127 57 966 3.34 13.5 30.0 37.0 1050.5 24.1 3.8 4.5 3.3 

PT14_323'6 98.60 0.84 5.50 5.77 239 2.16 4.69 2757 108 51 764 3.21 11.4 27.0 23.8 101.6 20.5 9.2 0.2 3.6 

PT14_325'10 99.31 0.37 6.97 3.31 161 1.36 6.60 1629 131 31 596 2.01 8.0 18.1 22.5 41.4 28.6 16.5 0.2 3.2 

PT14_326'4 99.47 0.46 5.40 2.54 142 1.05 5.90 1334 122 25 350 1.47 7.4 15.6 29.2 67.8 16.3 22.0 0.2 2.1 

PT14_326'8 99.57 0.29 7.50 2.90 109 1.33 8.53 1519 133 28 488 1.70 7.9 16.6 22.6 38.1 19.1 11.5 0.2 1.9 

PT14_327'4 99.77 0.98 4.15 6.62 267 2.48 2.54 3423 210 62 412 3.41 13.6 33.5 34.4 82.0 50.4 11.1 0.3 6.1 

PT14_327'7 99.85 1.16 4.19 6.37 292 2.45 3.16 3245 251 61 424 3.15 12.9 32.9 36.1 89.9 37.0 13.9 0.3 9.2 

PT14_328'4 100.08 0.86 5.95 4.56 231 1.72 7.69 2351 194 43 556 2.45 9.7 23.6 25.4 48.9 26.9 7.5 0.2 7.9 
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PT14_329'4 100.38 1.60 2.17 8.62 136 3.83 1.17 4329 119 79 785 5.06 19.6 46.5 37.7 99.0 24.7 2.0 0.3 4.7 

PT14_331'5 101.02 2.21 2.42 8.61 451 3.71 2.30 3932 113 79 925 4.66 16.7 39.8 49.0 110.8 19.5 2.9 0.2 6.0 

PT14_332'8 101.40 2.23 2.24 9.11 546 3.17 2.63 4156 123 81 915 5.16 26.3 45.4 43.5 68.8 54.2 0.6 0.0 5.6 

PT14_335'7 102.29 1.53 2.54 9.92 536 3.23 0.48 4834 140 92 415 5.86 26.4 55.9 122.1 110.1 7.3 0.2 0.0 2.5 

PT14_337'3 102.79 1.91 1.81 9.52 640 3.51 0.51 5020 141 89 418 6.32 24.0 55.1 12.8 102.0 2.6 0.3 0.0 2.6 

PT14_337'10 102.97 1.50 2.18 9.76 640 3.72 0.43 5220 154 98 401 6.94 26.7 63.0 6.7 111.0 2.6 0.2 0.0 2.8 

PT14_338'8 103.23 2.63 1.16 8.84 580 3.04 0.52 4800 119 75 362 4.64 15.9 40.9 8.6 71.0 1.8 0.2 0.0 2.3 
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Table 4: Selected lipid biomarker parameters for rock extracts. 

position 
[m] 

TOC 
[wt%] 

H/S 
C29 

ααα 
St 

%C30 
Sterane 

C30 βα 
C30 

diaH 

2α-
MeHI 

[%] 

3β-
MeHI 

[%] 
Gam Pr/Ph Carotane 

core C-128: 
          

45.48m 0.4 6.09 0.32 <0.01 0.31 0.03 10.49 7.91 6.23 bdl bdl 

48.13m 0.35 2.95 0.44 <0.01 0.15 0.33 10.32 5.92 25.25 0.90 bdl 

48.86m 0.32 3.64 0.46 <0.01 0.08 0.43 8.79 4.24 12.18 n.m. n.m. 

49.83m 1.06 1.88 0.62 <0.01 0.07 0.44 3.83 5.23 3.23 0.61 5.07 

50.08m 0.92 2.02 0.57 <0.01 0.07 0.42 3.66 5.22 3.33 0.49 6.03 

50.35m 2.57 2.55 0.55 <0.01 0.08 0.32 2.58 5.46 2.35 0.79 3.60 

50.84m 6.64 2.63 0.53 <0.01 0.11 0.33 2.14 4.77 2.58 0.74 29.93 

51.54m 3.46 5.83 0.57 <0.01 0.07 0.24 5.60 2.95 1.08 0.72 0.55 

52.61m 1.04 5.64 0.60 <0.01 0.07 0.24 6.63 3.11 1.04 0.58 1.61 

core PT-14: 
          

98.04m 1.35 2.24 0.59 <0.01 0.08 0.47 3.9 4.76 2.89 0.66 2.51 

TOC: total organic carbon 

H/S: hopane/sterane ratio, C27-C35 αβ- and βα-hopanes/ C27-C30 ααα (R+S) and αββ (R+S) steranes  

%C30 Sterane: absence of 24-n-propylcolestanes is indicative of a non-marine system 

C29 ααα Str: C29 ααα Sterane (20S/20S+20R) ratio 

C30 βα: C30 βα/(βα+αβ) hopane ratio 

C30 diaH: diahopane ratio C30 diaH/C30 αβ-hopane ratio 

2α-MeHI (%): 2α-methylhopane index, using the C33 homologues; C33 2α-me (S+R)/[C33 2α-me (S+R) + C32 αβ 
hopane (S+R)]*100 

3β-MeHI (%): 3β-methylhopane index, using the C33 homologues to avoid co-elution of methylgammacerane at the 

C31 homologue; C33 2α-me (S+R)/[C33 2α-me (S+R) + C32 αβ hopane (S+R)]*100 

Gam: Gammacerane index, [(gammacerane/(gammacerane + C30 αβ hopane)]*10 

Pr/Ph: pristane/phytane 

Carotane: ΣC40 carotanes/(n-C20+n-C21) 

n.m.: not measurable in full scan TIC traces due to low overall signal in organic-lean rocks 

 

 

 


