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The Paleoproterozoic Koegas Subgroup (Transvaal Supergroup, South Africa) was 13 

deposited in the immediate prelude to the Great Oxidation Event (GOE), and can therefore 14 

shed light on the oceanic paleoredox conditions just before atmospheric oxidation. 15 

Manganese enrichments of ~16 wt% in diagenetic kutnahorite horizons suggest that Mn2+ 16 

oxidation occurred, either by free O2 or by an ancient photosystem. Iron and molybdenum 17 

isotope trends also support the existence of a Mn4+-oxide sediment flux, suggesting that 18 

the Koegas basin may have been redox stratified. Evidence from detrital and authigenic 19 

pyrite with mass-independently fractionated sulfur isotopes, however, suggests that the 20 

atmosphere was devoid of oxygen. To resolve this contradiction, this paper presents new 21 

constraints on pathways of Mn2+ oxidation from field, petrographic, stable isotope, and 22 

rare earth element and yttrium (REYSN) analysis of stromatolitic carbonates from the upper 23 

Koegas Subgroup. Ferroan dolostones and limestones preserve marine REYSN arrays with 24 

positive CeSN anomalies. These differences are explained by a redox stratified basin, 25 

whereby Mn2+ and Ce3+ are oxidized at a redoxcline and Ce is adsorped onto sinking Mn-26 

oxide particles. Mn-oxide particles and a negative Ce anomaly from the oxidized upper 27 

water column are transferred into carbonates accumulating above the redoxcline. 28 

Diagenetic fluids later reduce the Mn-oxides to kutnahorite. Below the redoxcline, 29 

reduction of Mn-oxides particles enriches carbonates in Mn and a positive Ce anomaly. 30 

This contribution adds evidence for development of oxygen oases and redox-stratified 31 

basins before the GOE. Redox stratification was best developed during transgressions. 32 

During regressions, a deltaic system prograded into the Koegas Basin. High 33 

sedimentation rates likely allowed for preservation of detrital pyrite only in the deltaic 34 

sandstones, thus explaining the contradictory geochemical evidence. No previously 35 

unknown ancient photosystem of Mn oxidation is required to explain Mn oxidation. 36 

 37 

Keywords: Koegas; Transvaal; Great Oxidation Event; Rare Earth Elements; Cerium 38 

 39 

1. Introduction 40 

 41 



Late Neoarchean to early Paleoproterozoic authigenic sediments deposited on the Kaapvaal 42 

Craton record evidence for trace levels of free oxygen (O2) in surface waters, and possibly in the 43 

atmosphere, for at least transient periods (Wille et al., 2007; Garvin et al., 2009; Godfrey and 44 

Falkowski, 2009; Voegelin et al., 2010). In the Griqualand West Basin paleoredox studies of the 45 

Neoarchean Campbellrand Subgroup (Figure 1), employing nitrogen isotopes (Garvin et al., 2009; 46 

Godfrey and Falkowski, 2009), molybdenum isotopes (Wille et al., 2007; Voegelin et al., 2010), 47 

coupled molybdenum and iron isotopes (Czaja et al., 2012) and coupled molybdenum and 48 

rhenium concentrations (Kendall et al., 2010), suggest that trace O2 was being produced in 49 

shallow marine settings, albeit in levels too low to permit cerium oxidation and preserve cerium 50 

anomalies (Eroglu et al., 2017; Warke et al., 2019). However, the persistence of mass-51 

independently fractionated sulfur isotopes (S-MIF) in Campbellrand Subgroup shales implies the 52 

Neoarchean atmosphere remained reducing (Izon et al, 2015; 2017; Zerkle et al., 2012). 53 

Complete S-MIF disappearance, marking the onset of atmospheric oxygenation and the 54 

establishment of a stable ozone layer, is only recorded 100-200 Myr later, in the laterally 55 

correlative Paleoproterozoic Duitschland and Rooihoogte formations in the Eastern Transvaal 56 

Basin (Guo et al., 2009; Luo et al., 2016; Warke and Schröder, 2018; Crockford et al., 2019). 57 

 58 

Molybdenum isotope data from other cratons supports the hypothesis of oxidizing shallow water 59 

conditions in the late Neoarchean (Duan et al., 2010; Kurzweil et al., 2016; Ostrander et al., 2019).  60 

The fractionation in 98Mo and the negative correlation between Mn concentrations and 98Mo 61 

values observed in these successions are indicative of the presence of Mn oxides in the water 62 

column (Planavsky et al., 2014; Kurzweil et al., 2016). It has been recently argued that 63 

anticorrelated 98Mo and ε205Tl records from the Neoarchean Mount McRea Shale in Western 64 

Australia require not just the presence of Mn oxides, but stable Mn-oxide burial (Ostrander et al., 65 

2019). However, the first significant Mn deposits do not appear in the sedimentary record for 66 

another 100 million years (Gumsley et al., 2017) in the form of the economically important 67 

manganese formations of the Hotazel Formation (Gutzmer and Beukes, 1996; Tsikos et al., 2003; 68 

Schneiderhan et al., 2006). 69 

 70 

Earlier evidence for Mn oxidation, however, is preserved in the upper Koegas Subgroup (Ghaap 71 

Group, Transvaal Supergroup, South Africa; Figure 1). Manganese enrichments of up to 16.1 72 

wt% within diagenetic kutnahorites imply oxidation of Mn2+ in depositional environments from 73 

~2430 Ma, even if the cause of Mn2+ oxidation remains contested (Beukes and Gutzmer, 2008; 74 

Schröder et al., 2011; Johnson et al., 2013; Kurzweil et al., 2016). Kutnahorite is limited to 75 

stratigraphically condensed horizons of the Heynskop, Rooinekke, and Naragas formations and 76 

has low δ13Ccarb values of between -12 and -9 ‰VPDB (Beukes and Gutzmer, 2008; Schröder et 77 

al., 2011; Johnson et al., 2013). Manganese enriched kutnahorite formed via the diagenetic 78 

reduction of primary Mn4+ oxides by organic carbon, and not post-depositional leaching of Mn 79 

from sandstones or metasomatism (Johnson et al., 2013). Coupled molybdenum and iron isotope 80 

trends in the Rooinekke and Nelani formations imply the presence of Mn oxides and Mo 81 



scavenging and shuttling within a redox-stratified water column with Mn oxidation facilitated by 82 

free O2 (Kurzweil et al., 2016). However, Johnson et al. (2013) rejected Mn oxidation by free O2 83 

on the grounds that deltaic Koegas facies preserve detrital pyrite and uraninite grains and MIF-S 84 

signals within detrital and authigenic pyrite; preservation of redox-sensitive detrital grains imply 85 

concentrations of atmospheric O2 of between 1x10-7 PAL and 3.2x10-5 PAL (Johnson et al. 2013; 86 

2014). As such, it has been proposed Mn oxidation may have been driven by an ancient, 87 

ancestral, Mn-based photosystem (Johnson et al., 2013). However, modelling studies suggest 88 

that retention of a reducing atmosphere – generating and transporting S-MIF – is not inconsistent 89 

with shallow water oxygen concentrations sufficient for Mn2+ oxidation (Olson et al., 2013).  90 

Understanding how Mn2+ was oxidized during the deposition of the upper Koegas Subgroup will 91 

help reconcile the sedimentary occurrences of manganese oxidation with other shallow marine 92 

and atmospheric records of oxygenation in the prelude to the Great Oxidation Event (GOE). 93 

 94 

Cerium anomalies – both negative and positive – are closely associated with Mn2+ oxidation given 95 

their similar reduction potentials (Tostevin et al., 2016a; 2016b), catalysis of Ce3+ oxidation to 96 

Ce4+ on the surface of Mn oxides, and immobilization of Ce4+ on the surface of particulate Mn 97 

oxides (Takahashi et al., 2002). Evidence for Ce oxidation in Koegas strata is mixed. Originally 98 

unpublished rare earth element and yttrium (REYSN) values were suggested to show negative 99 

cerium anomalies in the iron formations of the Rooinekke Formation, coupled with positive cerium 100 

anomalies in interbedded manganiferous carbonates (Beukes et al. 2010), however, a recent 101 

study failed to record cerium anomalies, or significant EuSN anomalies, in carbonates of the upper 102 

Koegas Subgroup (Schier et al., 2018). 103 

 104 

This contribution further constrains the paleoredox conditions recorded by stromatolitic 105 

carbonates in the Koegas Subgroup by integrating the sedimentology, petrography, carbon and 106 

oxygen stable isotope systematics, and REYSN characteristics of carbonates from various outcrop 107 

sections of the upper Koegas Subgroup. 108 

 109 

2. Geological setting 110 

 111 

The Koegas Subgroup caps the Ghaap Group (Transvaal Supergroup, South Africa) in the 112 

Griqualand West sub-basin and is preserved exclusively to the south-west of the Griquatown 113 

growth fault having been either never deposited north-east of the fault, or removed through 114 

erosion (Figure 1A; Figure 2; Beukes, 1984; Schröder et al., 2011). The succession 115 

unconformably overlies the Griquatown Iron Formation in the east of the sub-basin, but further 116 

west the contact becomes conformable (Schröder et al., 2011). 117 

 118 

The Koegas Subgroup is comprised of seven formations (Figure 2) of which three – the Doradale, 119 

Rooinekke, and Nelani formations – consist of iron formation. Stromatolitic carbonates are 120 

present at the contact between the Rooinekke and Heynskop formations, within the Rooinekke-121 



Nelani iron formations (the Klipputs Member), and near to the contact with the Makganyene 122 

Formation (Beukes, 1983;1984; Schröder et al., 2011; Schier et al., 2018). The Koegas Subgroup 123 

also hosts secondary, diagenetic carbonates, such as siderite and kutnahorite, which are limited 124 

to iron lutite and banded iron formation (BIF) horizons (Schröder et al., 2011).  125 

 126 

The majority of the Koegas Subgroup consists of a series of stacked coarsening-upward 127 

sequences (KS1-5) which are interpreted as progradational deltaic deposits (Figure 2; Schröder 128 

et al., 2011). Iron formations and shales were deposited during transgressive intervals when 129 

ferruginous deep waters drowned the delta system (Schröder et al., 2011). Domal stromatolitic 130 

carbonates, previously described as limestones (Schier et al., 2018), at the base of the Rooinekke 131 

Formation form bioherms that are interpreted as platform margin reefs that were deposited during 132 

incipient transgression (Beukes, 1983). Stromatolitic dolostones also occur at the top of 133 

Rooinekke Formation, within the Klipputs Member, and were deposited prior to the onset of 134 

regression (Beukes, 1983; Schröder et al., 2011; Schier et al., 2018).          135 

 136 

The depositional age of Koegas Subgroup has commonly been reported as 2415 ± 6 Ma, based 137 

on unpublished zircon Pb-Pb ages obtained from tuff beds in the Rooinekke Formation (Gutzmer 138 

and Beukes, 1998). However, these data may have been affected by lead loss and, when 139 

corrected, suggest a maximum depositional age of ~2436 Ma (Schier et al., 2018). Alternatively, 140 

a Re-Os age of 2479 ± 22 Ma has been obtained from shales within the Klipput Member (Kendall 141 

et al., 2013). Both these ages post-date the deposition of the underlying Asbesheuwels Subgroup 142 

(~2460 ± 5 Ma to ~2489 ± 33; Nelson et al., 1999; Pickard, 2003), predate the extrusion of the 143 

overlying Ongeluk Formation at 2426 ± 3 Ma (Gumsley et al., 2017, and the deposition of the 144 

Mooidraai Formation at ~2390 Ma (Bau et al., 1999; Fairey et al., 2013).  145 

 146 

The succession has experienced sub-greenschist burial metamorphism (Schröder et al., 2011). 147 

On the south-west margin of the Griqualand West sub-basin, Koegas strata are deformed due to 148 

crustal shortening accommodated by eastward movement along the Blackridge Thrust Fault 149 

during later Proterozoic orogenic episodes that affected the western edge of the Kaapvaal Craton 150 

(Beukes and Smit, 1987; Altermann and Hälbich, 1990; 1991). 151 

 152 

3. Methods 153 

 154 

Samples were collected from measured sedimentary profiles conducted on the farms 155 

Taaibosfontein and Sandridge. Polished and stained thin sections (50 µm) were analyzed using 156 

transmitted light, reflected light, and cathodoluminescence microscopy. Stained thin sections 157 

were treated with alizarin red and potassium ferricyanide. Cathodoluminescence petrography was 158 

conducted using a Citl 8200 Mark 2 cold-cathodoluminescence machine (vacuum of ~0.2 Torr, 159 

cathode current of 310-335μA, accelerating voltage of 10-12kV). X-ray diffraction (XRD) was 160 

performed at the Williamson Research Centre at the University of Manchester using a Bruker D8 161 



Advance diffractometer (Cu Kα X-ray source); samples were scanned from 5 to 70° 2θ at a step 162 

of 0.02° per 0.2 seconds; results are summarized in Table S3 and discussed in the text and all 163 

spectra are shown in the Supplementary Information (Appendix B).  164 

 165 

The carbonate digestion protocol used is described by Warke et al. (2018) and is detailed in the 166 

Supplementary Inoformation. Sample solutions were analyzed using an Agilent 7500cx 167 

inductively coupled plasma mass spectrometer (ICP-MS) and a Perkin-Elmer Optima 5300 dual 168 

view inductively coupled plasma atomic emission spectrometer (ICP-AES) at the Williamson 169 

Research Centre at the University of Manchester. Four procedural blanks were run for every 50 170 

samples to check for contamination or leaching. Accuracy and precision were monitored using an 171 

internal calcite standard and certified reference material TM25.2 (National Water Research 172 

Institute, Environment Canada) run after every ten samples, in addition to multi-element standard 173 

solutions at a concentration of 1, 5, 10, 50, and 100 ppb for each element analyzed. Relative 174 

standard deviation (RSD) for each element analyzed in each sample is shown in Appendix B.  175 

Raw REY concentrations were normalized relative to Post Archean Australian Shale (PAAS; 176 

Taylor and McLennan, 1985). Results are summarized in Table S4 and S5 included in the 177 

Supplementary Information (Appendix B).  178 

 179 

Cerium anomalies are calculated by comparing Ce concentrations with the concentrations of the 180 

REE with ionic radii closest to that of Ce, i.e. La and Pr (Bau and Dulski, 1996). As La is 181 

overabundant in seawater calculation methods that omit La are used (Lawrence and Kamber, 182 

2006; 2007; Lawrence et al., 2006); these equations (Table S2) are used in this contribution and 183 

are increasingly used in the redox investigation of Archean-Proterozoic carbonates (e.g. Tostevin 184 

et al., 2016a; 2016b; Bellefroid et al., 2018; Hood et al., 2018; Schier et al., 2018; Warke et al., 185 

2018; 2019). 186 

 187 

Measurements of carbon and oxygen stable isotopes (δ13C and δ18O) were conducted on CO2 188 

which was liberated via phosphorylation and analyzed using a ThermoElemental Delta Plus XL 189 

mass spectrometer at the Geologisches-Paläontologisches Institut, Westfälische Wilhelms-190 

Universität in Münster, Germany. Average results based on two replicates of each sample are 191 

expressed in the standard delta notation as per mil differences with respect to the Vienna Pee-192 

Dee Belemnite (VPDB; i.e. ‰VPDB) and are shown in Table S4. Accuracy and precision were 193 

monitored by analysis of standard reference materials IAEA-CO-1 (reported δ13C = 2.492  0.030 194 

‰VPDB and δ18O = -2.4  0.1 ‰VPDB) and IAEA-CO-8 (reported δ13C = -5.764  0.032 ‰VPDB and 195 

δ18O = -22.7  0.2 ‰VPDB). Based on 16 measurements of both standards, the average value for 196 

IAEA-CO-1 was δ13C = 2.50  0.024 ‰VPDB and δ18O = -2.4  0.04 ‰VPDB and the average value 197 

for IAEA-CO-8 was δ13C = -5.764  0.032 ‰VPDB and δ18O = -22.7  0.02 ‰VPDB. All standard and 198 

sample data are shown in the Supplementary Information (Appendix B). 199 

 200 

4. Results  201 



 202 

4.1 Field, petrographic, and mineralogical observations 203 

 204 

Three sections through the Naragas, Heynskop, and Rooinekke formations (and in section TBF-205 

A only, the Makganyene Formation) were measured on the farm Taaibosfontein. Stromatolitic 206 

bioherms occur at the transition between the Heynskop and Rooinekke formations, forming an 207 

20-cm-thick marker horizon that can be traced for ~2 km (Figure 3). At infrequent intervals this 208 

bed thickens due to the development of small (1-1.5 m high, 2-3 m wide) stromatolite bioherms 209 

(Figure 4A, 4B).    210 

 211 

Section TBF-C (Figure 3), the longest section measured through the succession on 212 

Taaibosfontein, starts with 30-60 cm thick beds of planar-laminated, orange-pink, weathered, fine-213 

to-medium grained sandstones of sublitharenite to litharenite composition (depending on the ratio 214 

of angular quartz grains to chert, plagioclase, and microcline). From ~29 to 55 m, section TBF-C 215 

alternates between fine-grained, blue-grey sandstones and chlorite-rich mudstone. Blue-grey 216 

sandstones have a lithic greywacke composition with a matrix rich in chlorite (up to 24 modal%) 217 

and contain rounded pyrite grains up to 200 µm in diameter (Figure 5A, 5B). They occur in cm-218 

dm thick beds, fine upwards, and have erosive bases. In all sections the blue-grey sandstone 219 

beds, which are interbedded with mudstones, are overlain by iron-rich mudstones (iron lutite) with 220 

siderite nodules 1-2 cm in diameter and cm-thick chert beds. Recessively weathered, goethite-221 

rich iron lutite is interbedded with: (i) mudstones; (ii) cm-thick, cross-bedded, fine-grained 222 

sandstone beds; and (iii) stromatolitic carbonate.  Iron lutite beds pass gradationally into BIF. 223 

 224 

Stromatolitic carbonates consist of non-ferroan calcite, ferroan calcite and dolomite, as identified 225 

from stained thin sections. XRD spectra lack the distinct ordering peaks of dolomite, but ankerite 226 

is detected.  These carbonates are recrystallized and the contact between areas of ferroan calcite 227 

and dolomite is gradational with no change in crystal shape and size. Bands of ferroan dolomite 228 

and ferroan calcite follow bedding lamination in some areas, but in other areas the distribution of 229 

dolomite is more random and the dolomitization front cross cuts bedding lamination. Ferroan 230 

dolomite crystals have a monotonous red-orange luminescence with brighter orange-yellow rims 231 

(Figure 5F). Some areas are dominated by an unstained, non-luminescent, rhombal dolomite with 232 

a planar-e fabric with red-orange rims. Coarsely crystalline calcite veins show bright yellow-233 

orange luminescence. Clasts of quartz, chert, and micritic peloids, are concentrated along 234 

dissolution seams and immature stylolites (Figure 5C).  Euhedral magnetite and pyrite overprint 235 

planar-s dolomite.  236 

 237 

Similar facies relationships are observed on the farm Sandridge 191, but exposure is generally 238 

limited to the iron lutite, stromatolitic carbonate, and BIF beds (Figure 6). On Sandridge, the 239 

stromatolitic carbonates form 1.65-2.85 m thick beds which are laterally continuous for ~650 m. 240 

Sandridge carbonates are predominately ferroan dolomite and a persistent crinkly lamination but 241 



do not form domal bioherms like on Taaibosfontein. Small domes up to 3 cm high and 6-10 cm in 242 

diameter are seen (Figure 4D-F). In thin section a fine-grained mauve-stained ferroan calcite 243 

population (< 20 µm) with a bright orange-yellow luminescence is restricted to isolated pockets 244 

which are enclosed by elongate to bladed silica crystals (Figure 4D; 7A-B). Progressive, inward, 245 

fabric-retentive dolomitization of these pockets is observed. A coarser-grained turquoise stained 246 

ferroan dolomite (~ 50 -100 µm) population makes up the majority of the observed carbonate and 247 

possesses either a dull red luminescence or is non-luminescent (Figure 7B). Dissolution seams, 248 

which are spatially associated with overprinting chlorite (~1 %) and riebeckite (1-10 %) (Figure 249 

7C), commonly cross-cut the carbonates. Riebeckite crystals are in turn cross-cut by carbonate 250 

veins (Figure 7D). 251 

 252 

4.2 Major and trace element analysis  253 

 254 

Carbonates from Taaibosfontein have Mn, Mg and Fe concentrations that range from 0.9 to 2.1 255 

%, 0.3 to 6.4 %, and 1.4 to 9.4 %, respectively (Table S4). Strontium concentrations range from 256 

13 to 276 ppm but are typically between approximately 100 and 200 ppm. Manganese and 257 

strontium concentrations show a weak negative correlation (Figure S1). Sandridge carbonates 258 

have higher concentrations of Mg (0.2 to 5.9 %) and Fe (3.6 to 12.9 %) than on Taaibosfontein, 259 

but Mn concentrations are lower (1741 to 3931 ppm).  Strontium concentrations vary from 55 to 260 

460 ppm and show no systematic variation with Mn concentration. Al concentrations in 261 

Taaibosfontein carbonates are generally higher (103 to 2331 ppm) than in Sandridge carbonates 262 

(67 to 1347 ppm). 263 

 264 

4.3 REYSN patterns and CeSN anomalies 265 

 266 

Ferroan carbonates from Taaibosfontein and Sandridge show little evidence for detrital 267 

contamination using REYSN ratios, i.e. (La/Sm)CN > 1, (Sm/Yb)SN < 1, and (Eu/Sm)SN > 1. 268 

Taaibosfontein carbonates do show a weak positive correlation between ΣREE and Al and Th 269 

possibly indicating some detrital influence on the REYSN signal (Figure S2), but Sandridge 270 

dolostones show constant ΣREE values regardless of Al, Ti or Th concentration (Figure S3). 271 

Carbonates from both localities show HREE enrichment and Y/Ho ratios that are either 272 

superchondritic (>40) or exceed chondritic values (>27) (Figure 8).  Positive LaSN and GdSN 273 

anomalies are calculated in most samples (Table S5). Positive EuSN anomalies are noted in 274 

samples from Taaibosfontein and Sandridge and can be visually identified from the REYSN array 275 

(Figure 8).  No significant negative CeSN anomalies are noted in either Taaibosfontein or 276 

Sandridge samples (Table S5; Figure 9), however, positive anomalies are noted from both sites. 277 

Eight samples from Taaibosfontein show (Ce/Ce*)SN values ≥ 1.1; four samples show  (Ce/Ce*)SN 278 

values ≥ 1.3 (Figure 9). On Sandridge, 21 samples record (Ce/Ce*)SN values ≥ 1.1 and six record 279 

(Ce/Ce*)SN values ≥ 1.3 (Figure 9; Table S5).  280 

 281 



During sample ionization oxides and hydroxides of Ba can form which interfere with Eu131 and 282 

Eu135 (Jarvis et al., 1989). This can lead to overestimation of Eu concentrations and therefore lead 283 

to the calculation of artificial positive EuSN anomalies. This effect, however, is only significant in 284 

Ba-rich rocks and in the case of most geological materials no correction is necessary (Jarvis et 285 

al., 1989). Where Ba/Eu ratios are <1000 Ba interference is not generally considered to have 286 

strongly affected the Eu concentrations (Kent and Ungerer, 2005). A sub-set of Sandridge and 287 

Taaibosfontein carbonates have an average Ba/Eu ratio of 321 (n=11; see SI) with most samples 288 

in the range of 13 to 260; only one sample has a Ba/Eu ratio exceeding 1000. Interference can 289 

also be monitored by a positive correlation between Eu/Eu*SN values and Ba/Sm ratios (Tostevin 290 

et al., 2016a). No correlation between these two variables is evident (Figure S4), suggesting the 291 

Eu/Eu*SN values are a real feature of the samples.  292 

  293 

4.4 Carbon and oxygen stable isotope analysis  294 

 295 

The stromatolitic bioherms on the farm Taaibosfontein yield δ13Ccarb values of -6.92 to -2.85 ‰VPDB 296 

(mean: -4.7 ‰VPDB; n=18) and δ18Ocarb values of -18.26 to -11.53 ‰VPDB (mean: -13.7 ‰VPDB; n=18) 297 

(Table S4; Figure 10). Crinkly laminated ferroan dolostones on Sandridge have δ13Ccarb values 298 

which range from -8.00 to -3.99 ‰VPDB (mean: -5.6 ‰VPDB; n=25) and δ18Ocarb values of between 299 

-13.35 and -4.79 ‰VPDB (mean: -11.7 ‰VPDB; n=25) (Figure 10). Taaibosfontein carbonates show 300 

a strong correlation between higher relative Fe/Ca ratios and lower δ13Ccarb values (R=0.87; n= 301 

16) and to a lesser extent correlation between higher relative Mg/Ca ratios and lower δ13Ccarb 302 

values (R=0.67; n=16) (Figure S5). There is no correlation between Mn/Ca ratios and δ13Ccarb 303 

values. On Sandridge, similar correlations are broadly noted but they are weaker. No significant 304 

correlation between δ18Ocarb values and element ratios is observed.  305 

 306 

5. Discussion 307 

 308 

5.1 The paragenetic evolution of upper Koegas Subgroup carbonates  309 

 310 

Recrystallized, domal stromatolitic facies on Taaibosfontein consist of a mixture of ferroan 311 

dolostone and ferroan limestone and have a mean δ13Ccarb value of -4.7 ‰VPDB (n=18) and a mean 312 

δ18Ocarb value of -13.7 ‰VPDB (n=18). Crinkly laminated stromatolitic beds on Sandridge consist 313 

of recrystallized ferroan dolomite, with limited pockets of ferroan calcite, and have a mean δ13Ccarb 314 

value of -5.6 ‰VPDB (n=24) and a mean δ18Ocarb value of -12.0 ‰VPDB (n=24). The sub-millimeter 315 

carbonate heterogeneity observed here in thin section – and confirmed by bulk rock XRD – differs 316 

from previous studies which have described the Taaibosfontein and Sandridge bioherms as 317 

limestones and dolostones, respectively (Schier et al., 2018). A more complicated paragenetic 318 

history is evident (Figure 11), suggesting that bulk rock analyses may reflect a mixing of different 319 

carbonate types. The mixing of ferroan dolomite and ferroan calcite in bulk rock powders, in 320 

addition to the high iron content of these carbonates, may in part explain why Mg/Ca ratios are 321 



lower than expected for typical dolostones. As ferroan dolomite tends to dominate samples from 322 

both localities, in the following discussion the term “dolostone” is used but a significant degree of 323 

fine-scale heterogeneity is implied in all samples. For instance, in all but two samples from 324 

Taaibosfontein and Sandridge, Fe/Ca ratios equal or exceed Mg/Ca ratios implying that these 325 

carbonates may lie between ferroan dolomite and ankerite in composition; the latter phase is 326 

evident from XRD spectra, while ferroan dolomite is identified in thin-section.        327 

 328 

REYSN trends in carbonates from the upper Koegas Subgroup can be used to test for shallow 329 

marine oxygenation of Mn2+ and redox stratification of the basin. The determination of CeSN 330 

anomalies provides qualitative, and in some cases quantitative, constraint on the dissolved 331 

oxygen concentration in ambient seawater (Bellefroid et al., 2018). REYSN anomalies, however, 332 

can only be reliably interpreted in carbonates that lack detrital contamination (Bau and Dulski, 333 

1996) and that preserve marine REYSN patterns that consist of: (i) depleted light REE (LREE); (ii) 334 

positive anomalies of LaSN and GdSN, (Bau and Dulski, 1996), and; (iii) superchondritic Y/Ho ratios 335 

of ~40-90, which is indicative of marine fractionation (Allwood et al., 2010). Primary marine REYSN 336 

patterns and anomalies can be retained through diagenesis (Voigt et al., 2017), dolomitization 337 

(Liu et al., 2019), and even high-temperature metamorphism in circumstances where the fluid to 338 

rock ratio likely remained low (Baker and Fallick, 1989a; 1989b; Warke et al., 2018; Cabral et al., 339 

2019), as REYSN patterns and anomalies can be reset at high fluid to rock ratios of >103 (Banner 340 

et al., 1988; Tostevin et al., 2016a). To assess the probability of carbonate-fluid interaction, REYSN 341 

analysis should be coupled with detailed petrographic investigation (Hood et al., 2018). 342 

 343 

The carbonates on Taaibosfontein preserve marine REYSN arrays that display HREE enrichment, 344 

superchondritic Y/Ho ratios and positive anomalies of LaSN and GdSN. There is some evidence 345 

(ΣREE vs Al and Th concentration) that there may have been a minor detrital influence on 346 

Taaibosfontein REYSN patterns, however a marine REYSN pattern is still dominant. This is in broad 347 

agreement with previous work, with the exception that positive EuSN anomalies are noted in this 348 

study and not by Schier et al. (2018). Sandridge dolostones show no evidence of detrital 349 

contamination and preserve robust marine REYSN arrays despite evidence for their interaction 350 

with one or more riebeckite-precipitating fluids during burial (syn or post-compaction and stylolite 351 

formation); previous studies fail to record marine REYSN arrays from Sandridge (Schier et al. 352 

(2018).   353 

 354 

The stable isotope values and element (Mn, Fe, Sr, Mg) concentrations measured from 355 

Taaibosfontein and Sandridge dolostones are in close agreement with other studies (Frauenstein 356 

et al., 2009; Schier et al., 2018). The Mn concentrations measured are elevated relative to 357 

average Paleoproterozoic seawater values (~0.5 %; Veizer et al., 1992), attaining maximum 358 

values of 2.1 % in Taaibosfontein carbonates. Iron content is also elevated in these carbonates 359 

relative to Paleoproterozoic seawater (~1.2 %; Veizer et al.,1992). It is reasonable to assume that 360 

the marine REYSN patterns and anomalies (particularly superchondritic Y/Ho) imply that these 361 



carbonates precipitated from early Paleoproterozoic seawater and, as such, initially recorded a 362 

δ13Ccarb value of ~0 ‰VPDB and a δ18Ocarb of ~ -7 ‰VPDB (Veizer et al., 1992; Shields and Veizer, 363 

2002; Prokoph et al., 2008) and elevated seawater Fe, Mn and Mg concentrations. If correct, this 364 

suggests that Upper Koegas carbonates are relatively depleted in δ13Ccarb by ~5 ‰VPDB on 365 

average, and in some cases by up to ~7 ‰VPDB. The δ18Ocarb is commonly depleted by ~5 to 366 

~7‰VPDB on average in comparison to estimated seawater values, however it is easier to lower 367 

oxygen isotope values during diagenesis as oxygen is more readily exchanged between the host 368 

rock and oxygen-rich fluids (H2O, CO2) than carbon which is rock buffered. It is possible that the 369 

δ13Ccarb values could reflect localized, primary values in a δ13C depleted water column that was 370 

spatially isolated from the ocean, however the correlations of lower δ13Ccarb with increasing Sr 371 

concentrations and increasing Mg/Ca and Fe/Ca ratios suggest that diagenetic processes have 372 

principally controlled metal concentrations and isotope values.  373 

 374 

Thermal alteration may explain part of the isotopic depletion, however, as this process typically 375 

causes covariation between δ13Ccarb and δ18Ocarb values as temperature increases (Choquette and 376 

James, 1987) and no such covariation is observed at Taaibosfontein and Sandridge (Figure 10), 377 

additional depletion mechanisms are implied.  378 

 379 

The lowering of δ13Ccarb and concomitant increase in Fe/Ca, Mg/Ca and Sr could have been 380 

caused by interaction with and recrystallization from a ferruginous 12C-rich fluid during burial. This 381 

fluid may have been sourced from the diagenetic reduction of iron-oxhydroxides by organic matter 382 

in the adjacent iron lutite and BIF deposits. Dissimilatory iron reduction would have produced 383 

diagenetic fluids rich in reduced Fe, Mg, and Mn, in addition to δ13Ccarb depleted bicarbonate 384 

(Posth et al., 2013; Fairey et al., 2013). Circulation of these fluids in the lutitic and arenitic 385 

lithologies of the Koegas may also have contributed Sr, which was incorporated to the precipitated 386 

carbonate. Marine REYSN characteristics may have been retained due to the greater resilience 387 

afforded to REY by their substitution for Ca2+ in the carbonate lattice (Voigt et al., 2017; Liu et al., 388 

2019).  389 

 390 

As these recrystallization fabrics are cross-cut and crystals truncated by dissolution seams and 391 

proto-stylolites it is probable that fluid interaction and recrystallization occurred prior to significant 392 

burial as stylolites can form within the first kilometer of burial (Figure 11). On Sandridge, a fine-393 

grained calcite population has been preserved in isolated pockets that are enclosed by silica 394 

(Figure 6A). These fine-grained crystals may represent an earlier phase that has been protected 395 

against a later dolomitization and recrystallization, perhaps by early diagenetic silicification.  396 

 397 

Point counting shows that Sandridge dolostones contain up to 10 % riebeckite. The formation of 398 

riebeckite within iron formations of the Transvaal Supergroup is the result of diagenetic reactions 399 

in Griqualand West (Tsikos and Moore, 1997) and diagenetic and metasomatic processes in the 400 

Transvaal Basin (Miyano and Beukes, 1997; Warke et al., 2018), however, it is seldom noted in 401 



carbonates. Syndepositional to early-diagenetic riebeckite is described from the Mooidraai-402 

Hotazel transition where its formation is attributed to increased salinity in the water column and 403 

in pore fluids at the interface between the BIF and carbonate depositional environments (Fairey 404 

et al., 2013). Hence, some of the observations presented could support the existence, at least 405 

transiently, of an evaporitic setting. In addition to explaining the initial source of Na (Fairey et al., 406 

2013), it is possible that bladed silica may represent replacement of a sulfate precursor. The first 407 

appearance of evaporitic sulfates (and pseudomorphs) are not noted until the late 408 

Paleoproterozoic (Schröder et al., 2008; Blättler et al., 2018), however recently evaporites dating 409 

to ~2310 Ma have been discovered in the Transvaal Supergroup (Crockford et al., 2019).  410 

 411 

While evaporitic conditions remain a possibility that should be assessed in future studies, a 412 

stratigraphically controlled Na+ source does not best explain the riebeckite distribution in the 413 

Sandridge carbonates, where riebeckite occurs only in close spatial association with dissolution 414 

structures. It is more likely that riebeckite formation occurred in response to circulation of Na+ rich 415 

metasomatic fluids after host rock recrystallization (Figure 11). Riebeckite is only noted at 416 

Sandridge, and not at Taaibosfontein, suggesting that the fluids responsible were only locally 417 

circulated, possibly along faults.  418 

 419 

The occurrence of chlorite along dissolution structures further suggests that they acted as 420 

conduits for the movement of hydrous, diagenetic fluids. Euhedral iron oxides overprint the 421 

riebeckite and must be attributable to a later iron-rich fluid. Thin calcite veins cross-cut riebeckite 422 

crystals and, with bright yellow luminescence, stand in sharp contrast to the very dull to non-423 

luminescent host carbonate. Euhedral pyrite crystals are diagenetic in nature and postdate the 424 

second carbonate recrystallization but their timing relative to the dissolution seams and 425 

associated precipitates is unconstrained.  426 

 427 

5.2 Cerium anomalies 428 

 429 

Negative CeSN anomalies in seawater result when O2 concentrations are sufficiently high to 430 

oxidize soluble Ce3+ and stabilize it as insoluble Ce4+ (Elderfield, 1988). This reaction is catalyzed 431 

on the surfaces of Mn4+-oxyhydroxide/oxides where Ce4+ is immobilized (Takahashi et al., 2000). 432 

Cerium oxidation may also be facilitated on the surface of Fe3+ oxyhydroxide/oxides (Bau, 1999; 433 

Bau and Koschinsky, 2009), but the evidence for this is less consistent than catalysis on Mn- 434 

oxyhydroxide/oxide surfaces (Loges et al. 2012). Upon burial of the oxidized particulates, the 435 

water column becomes anomalously depleted in Ce; this depletion is transferred to authigenic 436 

carbonate from the water column. Positive CeSN anomalies are generated when oxygen 437 

concentrations are high enough to facilitate Ce3+ oxidation in surface waters, but oxygen is limited 438 

lower in the water column, i.e. it is redox-stratified (Tostevin et al., 2016b). Sinking of oxidized 439 

particulates into lower oxygen zones in the water column and the sediment-water interface results 440 

in the reduction of the (now unstable) Ce4+ and manganese oxyhydroxides/oxides (Tostevin et 441 



al., 2016b; Ostrander et al., 2019). This release of reduced Ce3+ causes an anomalous enrichment 442 

(positive anomaly) at depth that is transferred to locally precipitating carbonate (Planavsky et al., 443 

2010; Tostevin et al., 2016b). 444 

 445 

As discussed above, CeSN anomalies are calculated using equations that omit reference to La as 446 

La is overabundant in seawater (Lawrence and Kamber, 2006; 2007; Lawrence et al., 2006). 447 

However, these equations can underestimate Ce concentrations producing artificial positive CeSN 448 

anomalies of ~20 % (Kamber et al., 2014). Consequently, (Ce/Ce*)SN values > 1.1 but < 1.3 could 449 

indicate positive anomalies but should be interpreted cautiously, however values > 1.3 are likely 450 

to be true positive anomalies (Tostevin et al., 2016b).  451 

 452 

Iron formations within the Koegas Subgroup have been reported to show negative CeSN 453 

anomalies, while carbonates in the upper portion of the succession may record positive CeSN 454 

anomalies (Beukes et al., 2010). However, a more recent study found variable marine and non-455 

marine REYSN patterns, lacking CeSN and EuSN anomalies, which were interpreted as evidence 456 

that shallow marine environments were insufficiently oxygenated to oxidize Ce2+ (Schier et al., 457 

2018). These authors argued that the contribution of hydrothermal waters to shallow marine 458 

environments waned at ~2436 Ma causing disappearance of the positive EuSN anomaly noted in 459 

Neoarchean shallow water carbonates (Beukes and Gutzmer, 2008).       460 

 461 

Carbonates from Taaibosfontein and Sandridge preserve marine REYSN arrays that display HREE 462 

enrichment, superchondritic Y/Ho ratios and positive anomalies of LaSN, GdSN, and EuSN (total of 463 

46 samples). As discussed above, CeSN anomalies were calculated using the equations of 464 

Lawrence and Kamber (2006; 2007), but these equations can underestime the predicted Ce 465 

concentration and thus lead to calculation of false positive anomalies of CeSN of around ~20 % 466 

(Kamber et al., 2014). Cautious interpretation, therefore, requires that definitive positive 467 

anomalies of (Ce/Ce)SN are restricted to values exceeding 1.3 (Tostevin et al., 2016b). No 468 

significant negative cerium anomalies are detected at any locality, however, positive anomalies 469 

(>1.1) are noted in almost all samples (83 %) and eight samples (17%) have Ce/Ce*)SN values > 470 

1.3. This finding supports the unpublished positive CeSN anomalies in Koegas carbonates first 471 

noted by Beukes et al. (2010), but contrasts with the findings of Schier et al. (2018) who found no 472 

Ce or large Eu anomalies.  473 

 474 

  5.3 Was the Koegas basin redox stratified? 475 

 476 

Redox stratification of the Koegas basin has also been inferred from variations in δ56Fe, δ98Mo 477 

and Mn concentrations in Koegas BIF facies which correlate with sea-level fluctuations (Kurzweil 478 

et al., 2016). The preferential adsorption of isotopically light Mo onto the surface of sinking Mn4+ 479 

oxides, shuttles low δ98Mo to deeper waters (Alego and Tribovillard, 2009; Scholz et al., 2013). 480 

Settled Mn oxides are incorporated into sediment at the Mn redoxcline following the reduction of 481 



Mn oxides; this elevates sediment Mn concentrations just below the Mn redoxcline (Kurzweil et 482 

al., 2016; Albut et al., 2019). This model postulates that Mn4+ oxides formed as a result of the 483 

interaction of dissolved Mn2+ with free O2 in the water column (Kurzweil et al., 2016), as was also 484 

proposed by Planavsky et al. (2014) for successions displaying negative correlation between 485 

δ98Mo and Mn concentration. Additionally, in the Nelani Formation, the negative correlation of Mn 486 

concentrations with δ56Fe values suggests that Fe fractionation is associated with Mn oxide 487 

formation (Kurzweil et al., 2016). It is suggested that the formation of Fe3+ oxyhydroxides along 488 

the Mn redoxcline is related to the upward diffusion of Fe2+ due to O2 consumption by Mn2+ 489 

oxidation, and the stepwise replacement of Mn4+ by Fe3+ in particulate Mn4+ oxides (Dellwig et al., 490 

2010; Kurzweil et al., 2016). As Fe3+ oxyhydroxides are isotopically heavy, their export to deeper 491 

waters causes sediment deposited below the Mn redoxcline to incorporate the resultant pool of 492 

isotopically lighter δ56Fe.  493 

 494 

Given the relationship between Mn and Ce oxidation outlined above, the Mn-shuttle model can 495 

also predict the behavior of Ce within a redox-stratified water-column (Figure 12; Planavsky et al., 496 

2010; Tostevin et al., 2016b). The presence of positive CeSN has been considered an essential 497 

criterion for inferring the operation on a Mn-shuttle and redox-stratification within a basin 498 

(Planavsky et al., 2010).  The oxidation of Mn2+ above a Mn4+/Mn2+ redoxcline redoxcline leads 499 

to the formation of insoluble Mn4+ oxides, which catalyze the oxidation of Ce3+ (Bau et al., 1999). 500 

As particulate oxides sink through a redox stratified water column the reduction of Mn4+ oxides 501 

(and thus Ce4+) at the Mn2+/4+ redoxcline lead to an enrichment in Mn and Ce in carbonates 502 

deposited below the redoxcline, in addition to elevated Mn/Fe ratios (Tostevin et al., 2016b). The 503 

sediment deposited just above the boundary between oxic and manganous waters should contain 504 

Mn enrichment that is coincident with low δ98Mo values, low δ56Fe values and negative CeSN 505 

anomalies. Positive anomalies of CeSN are expected below this boundary due to the reduction of 506 

Ce4+ to Ce3+ in the water column, which is then incorporated into carbonate precipitating at this 507 

depth (Figure 12; Tostevin et al., 2016b). 508 

 509 

Therefore, (Ce/Ce*)SN values > 1.1 (and less ambiguously >1.3) indicate redox cycling during the 510 

deposition of the Klipputs Member (Sandridge) and along the contact between the Heynskop and 511 

Rooinekke formations (Taaibosfontein) and add support for the redox stratification model of 512 

Kurzweil et al. (2016) and independent evidence for the operation of the Mn-oxide shuttle.   While 513 

upper Koegas dolostones with marine REYSN patterns and positive CeSN anomalies contain Mn 514 

contents up to 2.1 wt%, Mn/Fe ratios are not significantly elevated, reflecting the addition of iron 515 

during diagenesis rather than low Mn concentrations, as discussed previously.  516 

 517 

The formation of primary Mn4+ oxides in the Koegas basin also explains high Mn concentrations 518 

(up to 16.1 w%) in authigenic kutnahorite horizons within the upper Koegas iron formations 519 

(Beukes and Gutzmer, 2008; Schröder et al., 2011; Johnson et al., 2013). Kutnahorite horizons 520 

possess depleted δ13Ccarb values of between -12 and -9 ‰VPDB and are restricted to condensed 521 



portions of the Rooinekke, Naragas, and Heynskop formations, where slow sedimentation rates 522 

allowed for the accumulation of sedimentary Mn4+ oxides in the sediment (Johnson et al., 2013). 523 

Observed Mn concentrations are considered too high to be explained by Mn2+ incorporation into 524 

the primary carbonate during precipitation, rather kutnahorite is considered to have formed via 525 

the diagenetic reduction of Mn oxides by burial fluids rich in organic carbon, thus also causing the 526 

observed δ13Ccarb depletion in kutnahorites (Johnson et al., 2013). This interpretation is supported 527 

by a negative correlation between δ98Mo values and Mn concentrations in Koegas BIF deposits 528 

(Kurzweil et al., 2016). A similar mechanism of secondary, diagenetic Mn-carbonate formation 529 

(and enrichment) has been identified in the iron and manganese formations of the Hotazel 530 

Formation (Tsikos et al., 2003; Schneiderhan et al., 2006). 531 

 532 

The initial mechanism of Mn2+ oxidation, however, is contested. It was previously argued that the 533 

oxidation of Mn2+ by photosynthetically derived free oxygen is incompatible with the retention of 534 

detrital pyrite and uraninite, and mass-independently fractionated sulfur isotopes (S-MIF), in the 535 

Koegas Subgroup (Johnson et al., 2013). Rather, it was proposed that the only viable mechanism 536 

of Mn oxidation was a previously unrecognized high-potential photosystem (Johnson et al., 2013). 537 

However, for this Mn-oxidation pathway to be probable it must be demonstrated that free oxygen 538 

can be excluded as a high-redox-potential oxidant (Jones and Crowe, 2013).    539 

 540 

S-MIF signals record atmospheric photochemical reactions and S-MIF magnitudes reflect the 541 

proportion of different reduced and oxidized sulfur aerosol exit pathways from the atmosphere 542 

(Farquhar et al., 2000; Claire et al., 2014). In a reducing atmosphere, these pathways can be kept 543 

separate and S-MIF signals are incorporated into the rock record, however after the GOE the 544 

oxygenation of the atmosphere leads to oxidation of reduced aerosols and homogenization of the 545 

exit pathways into one sulfate pool which erases the S-MIF signal (Claire et al., 2014). Ample 546 

evidence supports transient oxygen production and accumulation in Archean shallow water 547 

environments under a reducing atmosphere that generated S-MIF and allowed transportation and 548 

deposition of reduced, S-MIF carrying aerosols (Anbar et al., 2007; Garvin et al., 2009; Godfrey 549 

and Falkowski, 2009; Kendall et al., 2010; Voegelin et al., 2010; Ostrander et al., 2019; Albut et 550 

al., 2019). It also remains unclear to what extent the disappearance of S-MIF in the rock record 551 

reliably records atmospheric and shallow-water oxygenation both temporally and spatially 552 

(Reinhard et al., 2013; Philippot et al., 2018). Thus, S-MIF preservation is not sufficient grounds 553 

to argue against oxygen accumulation in shallow water environments.  554 

 555 

Detrital pyrite is limited to shallow water, delta top sandstones (Johnson et al., 2013; 2014) and 556 

prodelta turbidites within the Naragas and Heynskop formations (Figure 2; 6B). These 557 

progradational deltaic sandstones represent periods of increased siliciclastic input into the basin 558 

and enhanced sedimentation rates (cycles KS2-4: Schröder et al., 2011). In contrast, the Mn 559 

oxides are considered to have been deposited in transgressive and high-stand systems tracts, 560 

within condensed sections (Johnson et al., 2013). Detrital pyrite occurrences are therefore not 561 



coincident with the sequence stratigraphic position of the Mn enrichments. Detrital pyrite oxidation 562 

occurs at trace O2 levels (Johnson et al. 2014), including levels likely to have been locally 563 

generated by early Proterozoic oxygen oases (Olsen et al., 2013; Lalonde and Konhauser, 2015). 564 

However, the rapid transport and burial of sediment in deltaic deposits, coupled with the 565 

spatiotemporal separation of sites of oxygen production from sites of clastic deposition, may also 566 

have limited pyrite oxidation in shallow marine environments. Evidence for redox stratification 567 

occurs during depositional cycle KS5, which is comprised of the Rooinekke and Nelani formations 568 

(Figure 2); these formations lack detrital pyrite deposits (Kurzweil et al., 2016).  569 

 570 

Therefore, important spatiotemporal differences exist between the depositional environments that 571 

preserve the evidence for Mn oxidation and those that preserve detrital pyrite and S-MIF signals. 572 

This means that the preservation of these signals in the Koegas Subgroup cannot be used to 573 

argue against the existence of free oxygen and in favour of a Mn-based photosystem. Redox 574 

stratification of the basin provides a more plausible explanation of Mn oxidation.  575 

 576 

6. Conclusions 577 

 578 

This study presents detailed and integrated sedimentological, petrographic, and geochemical 579 

study of the stromatolitic carbonates in the upper Koegas Subgroup. Stromatolitic carbonates 580 

from across the sub-basin record similar characteristics: depleted δ13Ccarb and δ18Ocarb values 581 

which are associated with iron-rich carbonate minerals and elevated Fe-concentrations. It is 582 

suggested that early in the paragenetic evolution of these carbonate successions, precursor 583 

carbonate phases interacted with 13C depleted Fe-carbonate fluids derived from the reduction of 584 

Fe3+ oxides by organic carbon in the adjacent BIF and iron lutite deposits. Despite some evidence 585 

for diagenetic alteration, marine REYSN patterns are preserved in heterogeneous stromatolitic 586 

carbonate facies on the farms Taaibosfontein and Sandridge. These carbonates do not record 587 

significant negative CeSN anomalies, although small positive CeSN anomalies are noted. While 588 

some positive CeSN anomalies calculated here may be calculation artifacts, values > 1.3 may 589 

indicate redox cycling of Mn and Ce across a Mn redoxcline. This implies that the Koegas basin 590 

was redox stratified, as was proposed by Kurzweil et al. (2016) on the basis of Fe and Mo isotope 591 

trends coupled with Mn concentrations within the Nelani Formation. This model proposes that Mn 592 

oxide formation in the Koegas Formation was caused by interaction of dissolved Mn2+ with free 593 

O2 in surface waters and not photooxidation of Mn2+ facilitated by an ancient bacterial 594 

photosystem (Johnson et al., 2013).  595 
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Figure 1: (A) regional map of the Transvaal Supergroup in South 
Africa where the black rectangle in the southern half of the 
Griqualand West Basin shows a localised map (B) of the study area 
west of Griquatown in the Northern Cape Province, South Africa. 
Localities visited are shown in panel B, including the position of the 
farms of Taaibosfontein and Sandridge.  



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 2: overview stratigraphic column of the Transvaal Supergroup in the Griqualand 
West Basin (left) with magnified stratigraphic profile through the Koegas Subgroup (right). 
Blue triangles in the Koegas stratigraphic profiles indicate coarsening-upward, regressive 
depositional sequences after Schröder et al. (2011). Absolute and relative ages used for 
constraint are discussed in the text. 



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 3: sedimentological profiles through the upper Koegas Subgroup and lower 
Postmasburg measured on the farm Taaibosfontein.   

Figure 4: field images showing: stromatolitic bioherms on the farm Taaibosfontein exposed (A) 
in log TBF-B and (B) in the marker bed between logs TBF-B and TBF-C; (C) striated bedrock is 
visible beneath the Makganyene diamictite in log TBF-A; (D-F) small domal stromatolites 
preserve in crinkly-laminated carbonates of the Klipputs Member on the farm Sandridge.  



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 5: thin section images of Taaibosfontein units showing: transmitted (A) and reflected (B) 
light images of rounded detrital pyrite within deltaic litharenites; (C) angular and sub-angular 
detrital quartz and lithic clasts concentrated along dissolution surfaces in Taaibosfontein 
carbonates; and transmitted (E) and cathodoluminescence (F) images monotonous, recrystallized 
Taaibosfontein planar-s ferroan dolostone with brightly luminescent rims on areas with a planar-
e fabric.    

Figure 6: sedimentological profiles through the upper Koegas Subgroup on the farm 
Sandridge. Measured logs intersect carbonates of the Klipputs Member at the base of the 
Nelani Formation. 



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 7: thin section images of Sandridge carbonates showing: (A-B) textural and luminescience 
difference between pockets of finer ferroan calcite and coarser ferroan dolomite with minor 
riebeckite and goethite; (C) stylolite overprinting riebeckite; (D) calcite veins which cross-cut 
riebeckite.  

Figure 8: PAAS normalised rare earth element and yttrium (REYSN) arrays for stromatolitic 
carbonates from the localities of Sandridge (A, B) and Taaibosfontein (C). Carbonates from these 
localities show marine characteristics: positive LaSN and GdSN anomalies, higher relative heavy 
REE concentrations and elevated Y/Ho anomalies, in addition to small positive EuSN anomalies.  



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 9:  calculated cerium and lanthanum anomalies for samples from the farms (A) Taaibosfontein and 
(B) Sandridge. The two green shaded areas correspond to positive cerium anomalies, grey shaded areas 
indicate no significant anomaly, and red shaded areas indicate negative cerium anomalies. 

Figure 10: 13Ccarb and 18Ocarb values (‰VPDB) for samples from the localities of 
Taaibosfontein (red circles) and Sandridge (blue squares). Error bars on each 
measurement are incorporated within the size of the symbol. 



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Figure 11: summary of the paragenetic evolution of upper Koegas carbonates from the localities 
of Taaibosfontein and Sandridge. It is only possible to constrain the relative timing of events 
which are determined by cross-cutting relations and spatial associations (see text and figures 
for further discussion).   

   



Figure 12: schematic diagram illustrating processes by which positive CeSN anomalies are 
generated and preserved in the Koegas Basin. In upper surface waters free oxygen produced 
through oxygenic photosynthesis facilitates the oxidation of upwelling Mn2+ forming 
particulate Mn4+ oxides. Cerium oxidation is facilitated on the surface of these particulates, 
shuttling Ce from the upper portion of the water column. At a redoxcline sinking oxidised 
particulates are reduced, releasing Mn2+ and Ce3+ which can be incorporated into carbonates at 
this depth (Tostevin et al., 2016b). A similar Mn-redox shuttling mechanism has been proposed 
in the Koegas basin to explain δ56Fe and δ98Mo trends (Kurzweil et al., 2016). Oxidised Mn-
particulates that are deposited above the Mn-redoxcline could then have been reduced by 12C 
rich fluids during diagenesis to form kutnahorite horizons.   
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